Chapter 18

OPTICAL AND INFRARED PROPERTIES
OF THE ATMOSPHERE

R. W. Fenn
S. A. Clough
W. O. Gallery
R. E. Good
F. X. Kneizys

This chapter deals with the absorption, scattering, emis-
sion and refractive properties of the natural atmosphere from
the ultraviolet through the mijcrowave region. Nonlinear
propagation processes (such as thermal blooming) are not
covered.

The natural atmosphere includes the range of those av-
erage conditions which are not directly affected by limited
local processes or sources, such as gases or particulates from
a fire or industrial plant, a dust cloud from vehicular traffic
etc. The natural atmosphere does include the effects of mol-
ecules, aerosol (haze) particles, clouds, fogs, rain, and snow.
The vertical extent of the atmosphere is from the surface
up to 100 km altitude. A brief discussion is included on the
earth’s surface reflectance properties since they also affect
the atmospheric optical properties.

The chapter includes descriptions of the basic physical
relationships of optical propagation as well as the current
state of experimental knowledge and modeling of the at-
mospheric propagation medium. An extensive annotated
bibliography covering much of the material of this chapter
was compiled by Wiscombe [1983] in Reviews of Geo-
physics and Space Physics.

18.1 ATMOSPHERIC GASES

18.1.1 Atmospheric Molecules, Models
of the Atmospheric Composition

The propagation of optical and infrared radiation through
the atmosphere depends on the composition and variability
of the atmosphere. Systematic variations in the density,
pressure, temperature, water vapor, and ozone 4as a function
of latitude and season have been known for many years.
The development of model atmospheres goes back to the
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1920s. Early Standard Atmosphere Models represented mean
conditions of temperature, density, and pressure as a func-
tion of altitude. During the 1950s and 1960s extensions and
supplemental atmosphercs were derived that describe in ad-
dition the seasonal and latitudinal variability of atmospheric
structure (see Chapters 14 and 15).

For the purpose of modeling the optical propertics of
the atmosphere, specifically as described in Sections 18.4. 1
(FASCODE) and 18.4.2 (LOWTRAN), the 1962 U.S. Stan-
dard Atmosphere and supplemental model atmospheres were
used as models. Although updated Standard Atmo-
spheres have been published as recently as 1976, differences
are limited to altitudes above 50 km where the adopted
radiance models were not well characterized.

Pressure, temperature, water vapor density, and ozone
density profiles as a function of altitude are provided to
describe these molecular atmospheric models. These pro-
files, taken from McClatchey et al. [1972}, correspond ta
the U.S. Standard Atmosphere, 1962 and five supplemen-
tary models [Cole et al., 1965 or U.S. Standard Atmosphere
Supplements 1966]: Tropical (15°N), Midlatitude Summer
(45°N, July), Midlatitude Winter (45°N, January), Subarctic
Summer (60°N, July), and Subarctic Winter (60°N, Janu-
ary). These profiles are identical to the ones used in the
LOWTRAN code [Kneizys et al., 1980]. The water vapor
and ozone latitude profiles added to the 1962 U.S. Standard
Atmosphere by McClatchey et al. [1972] were obtained
from Sissenwine et al. [ 1968] and Hering and Borden [1964]
respectively, and correspond to mean annual values. The
water vapor densitics for the 1962 U.S. Standard Atmo-
sphere correspond to relative humidities of approximately
50% for altitudes up to 10 km, whercas the relative humidity
values for the other supplementary models tend to decrease
with altitude from approximately 80% at sea level to ap-
proximately 30% at 10 km altitude. Above 12 km, the water
vapor density profiles depicted here have been replaced by
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Figure 18-1. Temperature vs altitude for the six model atmospheres: trop-
ical (TROP), midlatitude summer (MS), midlatitude winter
(MW), subarctic summer (SS), subarctic winter (SW), and
US standard (US STD).

more recent measurements [Remsberg et al., 1984| and are
approximately 5 parts per million by volume{ppmv ) For all
model atmospheres, the gases CO,, N,O, CO, CH,, N,,
and O, are considered uniformly mixed, with mixing ratios
of 330, 0.28, 0.075, 1.6, 7.905 X 10°, and 2.095 x 10°
ppmv, respectively.

The temperature profiles for the six model atmospheres
as a function of altitude are shown in Figure 18-1. The
pressure profiles are given in Figure 18-2. Figures 18-3 a
and b show the water vapor density versus altitude from 0
to 100 km, and an expanded profile from 0 to 30 km. Figures

100

90+

B0+

ALTITUBE (KM)

0

} 1 1 1 [l
ot "o Vet T T 1o \d ro* 1ot
PRESSURE (MB)

Figure 18-2. Pressurc vs altitude for the six model atmospheres.
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Figure 18-3. (a) Water vapor density profiles vs altitude for the six model
atmospheres.

(b) Water vapor density profiles vs altitude for the six model
atmospheres with the region from 0 to 30 km expanded.

18-4 a and b and Figures 18-5 a and b show similar profiles
for ozone and relative air density.

Measurements made from balloon flights [Murcray et
al., 1968] have shown the existence of nitric acid in the
earth’s atmosphere. Although nitric acid (HNO;) is of only
minor importance in atmospheric transmittance calculations,
it has been shown to be a significant source of stratospheric
emission, particularly in the atmospheric window region
from 10 to 12 wm. The concentration of atmospheric nitric
acid varies with altitude and also appears to depend on
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Figure 18-4. (a) Ozone density profiles vs altitude for the six model

atmospheres.
(b) Ozone density profiles vs altitude for the six model
atmospheres with the region from 0 to 30 km expanded.

latitude and season. Figure 18-6 shows the volume mixing
ratio profile of atmospheric nitric acid as a function of al-
titude from the measurements of Evans et al. [1975]. This
profile has been chosen to represent a mean nitric acid profile
for the six model atmospheres.

Since all of the above profiles were constructed, knowl-
edge of the state of the atmosphere has increased. This is
particularly true regarding the stratosphere and the concen-
tration of minor constituents. For example, stratospheric
water vapor concentrations for the six profiles given in Fig-

ure 18-3a and b are now known to be too high. The model
atmospheres can still be considered representative of their
respective conditions up to about 50 km for temperature,
30 km for ozone densities, and the tropopause (approxi-
mately from 8 km in the article to 15 km in the tropics) for
water vapor. These models are still used for cases dominated
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Figure 18-5. (a) Profile of (P/P,,) (T/T), the relative air density, vs altitude
for the six model atmospheres. The density of the uniformly
mixed gases is proportional to this quantity. P, = 1013 mb
and Ty = 273 K.

(b) Profile of (P/P,) (T,/T), the relative air density, vs altitude
for the six model atmospheres with the regions 0 to 30 km
expanded.
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Figure 18-6. Volume mixing ratio profile for nitric acid vs altitude from
the measurements of Evans et al. [1975]. This single profile
is used with all of the six model atmospheres.

by conditions in the troposphere. For cases dominated by
stratospheric conditions or where the distribution of minor
constituents is significant, modelers should supply their own
profiles.

There are several recent sources for profiles of temper-
ature and minor constituent density. The U.S. Standard
Atmosphere 1976 updates the 1962 Standard for temperature
above 50 km and provides revised estimates for the surface
concentrations of what was termed previously the ‘“uni-
formly mixed gases”. The new values for the volume mixing
ratios of CO,, N,O, CO, and CH, are 330, 0.27, 0.19 and
1.50 ppmv. Actually the concentrations of these gases do
show significant variations from these values, particularly
with altitude in the stratosphere. Cole and Kantor [1978]
provide sets of monthly mean temperature profiles up to 90
km at 15° intervals between the equator and the pole. Along
with statistics on the variability of these profiles, they also
provide models that portray longitudinal variations in monthly
mean values of temperature during winter months and the
vertical variation that occurs during stratospheric warming
and cooling events in the winter arctic and subarctic. Hough-
ton [1977] provides seasonal profile temperatures at 10°N,
40°N and 70°N up to 105 km plus the original references
for the data.

For profiles of the minor constituents inctuding ozone
and stratospheric water vapor, WMO [1982] provides an
up-to-date and exhaustive source. See also Chapter 21. Much
of the profile data from this source plus some more recent
measurements have been compiled as annual averages in 2
km steps in Smith [1982].
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18.1.2 Molecular Absorption and
Spectroscopic Parameters

18.1.2.1 The Role of Molecular Absorption. Molecular
absorption, that is, attenuation of electromagnetic radiation
by the mechanism of molecules absorbing quanta of energy
to alter vibrational and rotational states, is of prime signif-
icance in propagation in the atmosphere. Although the ter-
restrial atmosphere consists primarily of nitrogen, oxygen,
and argon, absorption in the infrared region is dominated
by species with very low concentrations but very active
vibration-rotation bands such as water vapor, carbon diox-
ide, ozone, and nitrous oxide. Other active species also play
an important role depending on the region of the electro-
magnetic spectrum being investigated or the layer of the
atmosphere being probed.

In order to calculate transmittance due to a given spectral
line in the atmosphere, it is useful to describe the absorption
cocfficient as a function of frequency for each line. Assum-
ing superposition of the contribution from individual spec-
tral transitions, the absorption coefficient k(v) as a function
of wavenumber v (cm™') can be considered in general to be
a product of the radiation field, the molecular system, and
the coupling between them. This can be expressed [Clough
et al., 1981] as

k(v) = v tanh(hcv/2kT)
X 2 p(my) S(T) [fv, v) + f(v,—v)], (18.1)

where p(m;)(molec/cm?) is the density for the molecular
species m; with trar_xsition wavenumber v; responsible for
the i’th transition. S;(T) (molec/cm?)™! is the intensity of
the transition at temperature T(K) appropriate to the line
shape f(v,v;) (1/cm™"). For most molecular species, the line
intensity is a function of the expectation value of an ex-
pansion of the electric dipole moment. For some species,
for example nitrogen and oxygen [Rothman and Goldman,
1981], the much weaker electric quadrupole and magnetic
dipole moments are the means by which the quantum states
change. In terms of intensity definition used in the AFGL
line compilations, Si(T), discussed in the next section, we
have the relationship

S(T) = v, tanh (hcv/2kT) S(T)
1 _ e~hcui/2kT

= vy ST

1 + e~ hey;2kT

(18.2)

The line shape function f(v,v;) is dependent on molecular
species, broadening density and temperature. For collisional
broadening in the impact limit, the form factor is given by
the Lorentz line shape
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l QG
fv) = T —v)? + ()

where o; (cm™) is the collision broadened halfwidth at half
maximum (HWHM). The monochromatic transmittance
through a layer of homogeneous medium of thickness € is
obtained by the Lambert-Beers law

(18.3)

—k(wie,

T, = ¢ (18.4)
where the exponent is called the optical thickness.

The line intensity is temperature dependent through the
Boltzmann factor and the internal partition function

—hcEykT

Q(T)
where Q(T) is the internal partition sum, E{ (cm™') the en-
ergy of the lowerstate of the transition, and d; is the transition
strength. The collisional halfwidth depends on the specific
molecule and can be expressed in terms of density and
temperature as

Xt
o (p,T) = o <—§> <%)

(the exponent Xy is 1/2 with the usual classical theory as-
sumption of temperature-independent collision diameters).
The ratio of partition sums does not require the knowledge
of any further parameters aside from the fundamental fre-
quencies of the vibrational modes. Thus, at least for local
thermodynamic equilibrium conditions, calculations of mo-
lecular absorption (transmission and emission) at high res-
olution basically require the knowledge of four essential
parameters (1) the resonant frequency of the transition v,
(2) the intensity per absorbing molecule S;(T,), (3) the Lor-
entz line width parameter o, and (4) the energy of the lower
state E{. The question of line shape will be discussed in
more detail in Section 18.4.1. The effects of molecular
(Rayleigh) scattering and of aerosol scattering and absorp-
tion will be discussed in Sections 18.1.4 and 18.2.1.5.

S|(T) = d,(l — e’hCVi/kT)

(18.5)

(18.6)

18.1.2.2 The Atmospheric Absorption Line Parametex

Compilation. From the preceding discussion it can be:

seen that a compilation of spectroscopic data on individual
molecular transitions would facilitate the so-called line-by-
line calculations of spectra. These high resolution calcula-
tions, that is, calculations capable of reproducing spectra
obtained by such instruments as Michelson interferometers,
tunable diode lasers, and heterodyne spectrometers have
been developed along with the advances in computer tech-
nology. In the 1960s a program was initiated at the Air
Force Cambridge Research Laboratories (now AFGL) to
create such a compilation and the associated codes to pro-
duce synthetic spectra [McClatchey et al., 1973]. The scope
originally aimed at providing a complete set of data for all

vibration-rotation lines of naturally occurring molecules of
significance in the terrestrial atmosphere. Since that time
these data have been expanded in terms of the frequency
covered, addition of trace species, and inclusion of weaker
transitions [Rothman, 1981; Rothman et al., 1981, 1983a,b].
Historically, these data have been divided into two atlases,
a Main Compilation comprising transitions of the most ac-
tive terrestrial absorbers H,O, CO,, O, N,O, CO, CH,,
and O,, and a Trace Gas Compilation. The species presently
covered by these data bases are summarized in Table 18-1.
The isotopes are abbreviated by the code 161 = H,'°O,
162 = HD'®O, etc. The first seven species (incorporated in
the Main Atlas) include all transitions contributing to at
least 10% absorption over a maximum atmospheric path.
This has been determined from standard atmospheric models
of the uniformly mixed gases and the two nonuniformly
mixed gases, water vapor and ozone. The standard tem-
perature chosen was 296 k. The gases in the Trace Gas
Compilation were made available for a variety of problems
including stratospheric probing, pollution monitoring, tem-
perature profile retrieval, and laboratory studies. The Main
Atlas covers the frequency range 0 to 20 000 cm™'. The low
frequency or millimeter and submillimeter limit represents
primarily pure rotational transitions while the high fre-
quency domain represents for the most part excited vibra-
tion-rotation transitions of water vapor. The Trace Gas Com-
pilation covers the range 0 to 10 000 cm™'. In addition to
the four basic parameters, there are included for each tran-
sition the unique quantum identification, the molecule and
isotope, and a reference code.

The goal of generating these parameters has been to
create a theoretically self-consistent set. Ideally, the per-
formance of quantum mechanical calculations from the de-
velopment of mathematical models of the molecular system
would provide the necessary parameters. This has been sat-
isfactorily accomplished in many cases, the hydrogen hal-
ides being a prime example. In cases involving complex
resonances or anomalous behavior, theory has lagged behind
experiment and it has been necessary to utilize available
observed parameters. The latter method does not directly
allow for interpolating the unobserved or weaker transitions
that might play a role in long path or high temperature
observations. Nevertheless, a fair amount of success has
been achieved deriving the tabulated parameters v, S;, «;,
E; and their unique quantum identifications within the frame-
work of general theories of molecular spectroscopy applied
to experimental observations. Details of the basic theory,
specific data, and treatment of exceptional cases can be
found in references contained in the articles on the com-
pilations [Rothman, 1981; Rothman et al, 1981; 1983a;
1983b]. As of this writing, the compilations, representing
the culmination of international efforts in molecular spec-
troscopy, contain about a third of a million transitions. The
maintenance, updating, and improvement of these data is
ongoing.
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Table 18-1. Molecular species on atmospheric absorption line parameter atlases.

Relative Relative
Natural Natural
Molecule Isotope Abundance Molecule Isotope Abundance
H,O (1) 161 0.9973 HNO; (12) 146 0.9891
181 0.0020
171 0.0004 OH (13) 61 0.9975
162 0.0003 81 0.0020
62 0.00015
CO, (2) 626 0.9842
636 0.0111 HF (14) 19 0.99985
628 0.0040
627 0.0008 HCI (15) 15 0.7576
638 0.00044 17 0.2423
637 0.000009
828 0.000004 HBr (16) 19 0.5068
728 0.000002 11 0.4930
0; (3 666 0.9928 HI (17) 17 0.99985
668 0.0040
686 0.0020 ClO (18) 56 0.7559
76 0.2417
N,O 4) 446 0.9904
456 0.0036 OCS (19) 622 0.937
546 0.0036 624 0.0416
448 0.0020 632 0.0105
447 0.0004 822 0.0019
CO (5 26 0.9865 H,CO (20) 126 0.9862
36 0.011 136 0.0111
28 0.0020 128 0.0020
27 0.0004
HOCI (21) 165 0.7558
CH, (6) 211 0.9883 167 0.2417
311 0.0111
212 0.00059 N, (22) 44 0.9928
0, (7) 66 0.9952 HCN (23) 124 0.9852
68 0.0040
67 0.0008 CH,Cl (24) 215 0.7490
217 0.2395
NO (8) 46 0.9940
H,0, (25) 1661 0.9949
SO, (9) 626 0.9454
646 0.0420 C,H, (26) 1221 0.9776
NO, (10) 646 0.9916 C,He (27) 1221 0.9770
NH; (11) 4111 0.9960 PH; (28) 1111 0.99955
S111 0.0036
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18.1.3 Index of Refraction

The theory of molecular optics [Born and Wolf, 1975]
derives the index of refraction for gases from the scattering
properties of molecules (Lorentz-Lorenz formula). In the
atmosphere the index of refraction m is very close to 1 so
that it is convenient to define the refractive modulus N as

N =(m—- 1) x 10° (18.7)
N is a function of both wavelength and density and is dif-
ferent for dry air and water vapor. For optical wavelengths
greater than 0.23 wmn and for infrared wavelengths, N for

atmospheric conditions is given by the following formula
from Edlen [1966]:

Noloy—m _m  [P@+150
1 — (wb)? - 1 — (vby? | P, T
P
o R CC e (18.8)

where P is the total air pressure in mb, T is the temperature
in K, P, = 1013.25 mb, T, = 273.15, P, is the partial
pressure of water vapor in mb, and v = 0%\ is the fre-
quency in cm™' for the wavelength N\ in micrometers.

a, = 83.42

a, = 185.08

a = 4.11

b, = 1.140 x 10°
b, = 6.24 x 10*
c, = 43.49

¢, = 1.70 x 10*

The formula is valid from 0.23 pum to the infrared. For
millimeter and microwaves, the refractive modulus is much
more complicated and includes a strong dependence on water
vapor derisity. For reference, Table 18-2 lists the index of
refraction for dry air at 1 atmosphere and 288 K for various
wavelengths.

18.1.4 Molecular Rayleigh Scattering

When air molecules are subjected to an oscillating elec-
tric field such as in a light wave, the molecule temporarily
absorbs and immediately re-emits this radiation as a point
source. This process is known as scattering. It occurs on

Table 18-2. Refractive modulus of dry air at | atmosphere and 288 K.

Wavelength Wayenumber
(em) (cm™®) N = (m-1) x 10§
0.23 " 4.35 x 107 308.0
0.25 4.00 x 10* 301.5
0.30 3.33 x 10 291.6
0.40 2.50 x 10* 282.7
0.50 2.00 x 10° 279.0
0.75 1.33 x 10* 275.4
1.0 10000 274.2
2.0 5000 272.9
4.0 2500 272.7
10.0 1000 272.6

particles of any size. If the size of a particle is very small
compared to the wavelength of the incident light, certain
simplifying conditions exist that also simplify the theoretical
description of the scattering process. This type of scattering
of light, which causes the blue sky light, was first described
by Lord Rayleigh in 1871 [McCartney, 1976].

The total volumetric scattering coefficient k, A for mol-
ecules is defined by

dl, = —1, - k() - dx (18.9)
with
3 3 2
k(\) = 2;;:4 22; - ; (18.10)

where m is the refractive index of the gas (such as air), N’
the concentration of molecules per unit volume, IN the in-
tensity at wavelength N\, and dx the path element. This
expression is often simplified by taking advantage of the
refractive index of air being nearly 1, and writing Equation
(18.10) as

3

. = 2 -1 18.11
ky(M) AN (m ), ( a)
or
327
. == - 12, 18.11b
k(N) NN {m ) (18 )

For standard temperature and pressure, using Equation
(18.11a) introduces an error on the order of 0.04% in the
visible and using Equation (18.11b) introduces an error of
about 0.025%. Since air molecules aré not completely iso-
tropic, a small correction factor for anistoropy [see, for
example, Chandrasekhar, 1950; Kerker, 1969] must be ap-
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Table 18-3. Depolarization factor A of atmospheric gases for incident unpolarized light [Young, 1980].

Gas Rowell et al. [1971] Alms et al. [1975] Baas and van den Hout [1979] Young [1980]
N, 0.0214 and 0.0242 0.0210 = 0.0004 0.0200 = 0.006 —
0, 0.0566 and 0.0587 — 0.0580 = 0.002 —
CO, 0.073 and 0.075 0.0797 = 0.0010 0.077 = 0.002 —
Dry Air — — — 0.0279

plied to the molecular scattering in Equations (18.10) or
(18.11). With this correction, Equation (18.10) becomes

2
247 (m2 — 1\ 6 + 3A
N m2 +2) 6747

ki\) = (18.12)

where the depolarization A is the ratio of the two polarized
intensities i,/i; at a 90° scattering angle (see Section 18.2.1.5).
Table 18-3 gives depolarization values for atmospheric gases
[Young, 1980]. It is often convenient to use the scattering
cross section per molecule

2
k(N 24w [m? = 1) 6+ 3A
N N2\ m2+2] 6—-7A

o, (\) = (18.13)

which has the advantage over the scattering coefficient in
that it is independent of air density (or temperature and

pressure). Values of o, [Equation (18.13)] and k, [Equation
(18.12)] are presented in Table 18-4 for wavelengths be-
tween 0.25 and 4.0 wm. The largest uncertainty in the
tabulated values is due to the uncertainty in the values of
the depolarization factor A used. Young [1980] indicates an
error of a “few percent” in his value of A for air (Table 18-
3). This ‘corresponds to an uncertainty of =0.1 to 0.2% in
a,(A) or k(A\).

The angular distribution of the light scattered by at-
mospheric molecules is given by the Rayleigh scattering
phase function:

3
PO = 2 + &

[(l + A+ (1 — A)coszﬂ].
(18.14a)

Neglecting the correction for depolarization, this simplifies
to

Table 18-4. Rayleigh scattering cross section oy(A) and Rayleigh scattering coefficient ky(A).

Wavelength a(\) k(\)
(pm) (cm*molec.) (fort = 273.15 K and p = 1013.25mb)
0.25 ' 1.243E-25 3.339E-1
0.30 5.605E-26 1.506E-1
0.35 2.913E-26 7.829E-2
0.40 1.668E-26 4.482E-2
0.45 1.025E-26 2.754E-2
0.50 6.650E-27 1.787E-2
0.55 4,505E-27 1.211E-2
0.60 3.161E-27 8.496E-3
0.65 2.284E-27 6.139E-3
0.70 1.692E-27 4.547E-3
0.80 9.864E-28 2.651E-3
0.90 6.135E-28 1.649E-3
1.0 4.014E-28 1.079E-3
1.2 1.929E-28 5.184E-4
1.4 1.039E-28 2.793E-4
1.6 6.083E-29 1.635E-4
1.8 3.794E-29 1.020E-4
2.0 2.488E-29 6.695E-5
2.5 1.018E-29 2.736E-5
3.0 4.906E-30 1.318E-3
4.0 1.552E-30 4.169E-6
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P(8) = 3 I:l + cos? 6] , (18.14b)

167

which is often used for the Rayleigh phase function. The
phase function gives the probability distribution for the scat-
tered light, so that P(8) d€ is the fraction of the scattered
radiation that enters a solid angle d{} about the scattering
angle 0.

18.2 AEROSOLS, CLOUD, AND
PRECIPITATION PARTICLES

Propagation of electromagnetic radiation through the at-
mosphere at optical/infrared frequencies is affected by ab-
sorption and scattering from air molecules and particulate
matter (haze, dust, fog, and cloud droplets) suspended in
the air. Scattering and absorption by haze particles or aer-
osols becomes the dominant factor in the boundary layer
near the earth’s surface, especially in the visible, and under
low visibility conditions at all wavelengths. Atmospheric
aerosol particles in the atmosphere vary greatly in their
concentration, size, and composition, and consequently in
their effects on optical and infrared radiation.

18.2.1 Aerosols, Geographic,
and Temporal Variations

18.2.1.1 Composition, Sources and Sinks, Refractive
Index, Particle Shapes. Figure 18-7 summarizes the gen-
eral characteristics of atmospheric aerosols. Aerosols in the
boundary layer of 1-2 km have the greatest variability.
These aerosols consist of a variety of natural and manmade
chemical compounds, inorganic as well as organic. Particles
are transported into the atmosphere from their sources at or
near the surface, or they may be formed in the atmosphere
by chemical reactions from gaseous components, often with
the influence of solar radiation through photochemical pro-
cesses. Since more than two-thirds of the earth’s surface is
covered by oceans, the maritime aerosol component, which
consists largely of sea salt particles from the sea water,
forms the most uniquely identifiable aecrosol. Over land areas,
soil particles and dust are an important component. Organic
particles from vegetation sources are also an important aer-
osol component. Table 18-5 gives a breakdown of the global
atmospheric aerosol composition [SMIC, 1971].

In the troposphere above the boundary layer the distri-
bution and composition of aerosol particles becomes less
dependent on the geography and on the variability of sources
near the surface. Experimental data [Whitby and Cantrell,
1976 and Whitby, 1973] point toward an aerosol which is
composed of several modes, each having a different origin
and history. The most clearly identifiable two components
are submicron size particles formed from gaseous compo-
nents and are still going through processes of coagulation
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Figure 18-7. Characteristics of atmospheric aerosols.

and agglomeration; this component is called the accumu-
lation mode. The second mode is made up of larger particles
approximately 1 wm diameter and larger which are produced
by mechanical processes such as resuspension from soil or
sea spray; this component is called the coarse particle mode.

Table 18-5. Estimates of particles smaller than 20 pm radius emitted into
or formed in the atmosphere (10° metric tons/year) [SMIC,

1971].
Natural
Soil and rock debris* 100-500
Forest fires and slash-burning debris* 3-150
Sea salt 300
Volcanic debris 25-150
Particles formed from gaseous emissions:
Sulfate from H,S 130-200
Ammonium salts from NH; 80-270
Nitrate from NO, 60430
Hydrocarbons from plant exudations 75-200
Subtotal 773-2200
Man-made
Particles (direct emissions) 10-90
Particles formed from gaseous emissions:
Sulfate from SO, 130-200
Nitrate from NO, 30-35
Hydrocarbons 15-90
Subtotal 185415
Total 958-2615

*Includes unknown amounts of indirect manmade contributions.
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In the stratospheric region from 10-30 km, measure-
ments have shown a background aerosol that has a rather
uniform global distribution. This aerosol is considered to
be mostly composed of sulfate particles formed by photo-
chemical reactions. The stratospheric aerosol background
can occasionally be increased by factors of 100 or more due
to the injection of dust and SO, from massive volcanic
eruptions. Once these volcanic particles and gases have been
injected into the stratosphere they are spread out over large
portions of the globe by the stratospheric circulation. While
the dust particles may settle out within a few months, the
S0, is converted to sulfuric acid through photo-chemical
reactions. This enhanced layer of approximately 75% sul-
furic acid droplets may remain for one to two years. For a
complete review of the stratospheric aerosols see Turco et
al. [1982].

Only a very small portion of the total aerosol content
of the atmosphere exists above 30 km. However, when the
effects of the lower atmosphere are small, such as in satellite
observations of the limb of the earth’s atmosphere or de-
termining the ozone distribution by inverting measurements
of backscattered ultraviolet from the atmosphere, the effects
of the aerosols in the upper atmosphere can be significant.

Newkirk and Eddy [1964] and later Rosen [1969] con-
cluded that the major component of the normal upper at-
mospheric aerosols is meteoric dust. Meteoric or cometary
dust also form layers occasionally observed in the upper
atmosphere. The optical effects of small particles are de-
termined largely by their refractive index.

Acerosol samples from all over the world have been col-

lected and analyzed for their optical and infrared refractive
index properties. Based on such measurements, the aerosol
in rural, non urban areas can be assumed to be composed
of a mixture of water soluble substances (ammonium and
calcium sulfates and organic compounds) and dust-like aer-
osols [Volz, 1972 a, b]. In urban areas the rural aerosol
gets modified by the addition of aerosols from combustion
products and industrial sources. There is no experimental
evidence for any systematic change in aerosol refractive
index as a function of altitude through the troposphere. The
refractive index of the volcanic components in the strato-
spheric aerosols was measured by Volz [1973] on volcanic
dust samples. The refractive index for meteoric dust was
determined by Shettle and Volz [1976] based on the com-
position of meteorites falling on the earth.
' Although the acrosol particle size (see Section 18.2.1.2)
is the most important parameter determining small particle
scattering properties, the effect of particle shape cannot be
ignored, it becomes significant especially for particles where
size is large compared to the waelength of the incident
radiation. However, because of poor understanding of these
shape effects, essentially all applications-oriented aerosol
models assume spherical particle shapes. For more infor-
mation on nonspherical particle scattering properties see
Schuerman [1980].
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18.2.1.2 Size Distributions. Over the past 20 to 30 years,
much emphasis has been put on measurements of the aerosol
particle size distribution, realizing that natural aerosols were
far from being monodisperse. Junge [1963] suggested that
most aerosol size distributions over the radius range from
0.1 to 10 wm, and even larger sizes, could be described by
an inverse power law dN/d log r = cr~” with ¢ being a
constant and vy being between 2 and 4. This means that the
number of aerosol particles decreases rapidly with increas-
ing particle size. It has already been mentioned that more
detailed measurements point towards a multimodal distri-
bution. This becomes especially noticeable if the distribu-
tion is presented as particle volume distribution dv/dr rather
than dN/dr. One can assume that these size distributions are
the result of a dynamic equilibrium between the varjous
processes which act on the aerosol population. However the
interaction of these various processes is complex and no
general theory for aerosol formation processes exists at this
fime.

18.2.1.3 Vertical Profiles. The change in aerosol prop-
erties and distribution with altitude is very closely tied to
the vertical structure of the atmosphere, and in the tropo-
sphere especially to the “weather” processes. In general the
number of aerosol particles decreases much more rapidly
with altitude then the molecular air density; however, wide
variations in the vertical profile do occur. Within the bound-
ary layer of the atmosphere, aerosol vertical mixing is strongly
influenced by the temperature profile.

18.2.1.4 Models of the Aerosol Properties. There are
many scientific and technical reasons why it is necessary to
develop models for atmospheric aerosol and cloud particles.
They are needed to make estimates of the transmittance,
angular light scattering distribution, contrast reduction, sky
radiance, or other atmospheric optical properties or effects
(see Section 18.4).

Models for the optical properties of aerosols have been
developed at AFGL and elsewhere. [Elterman, 1964, 1968,
1970, Ivlev, 1967; Deirmendjian, 1964, 1969; McClatchey
et al., 1970 and 1972; Shettle and Fenn, 1976; Toon and
Pollack, 1976; Hanel and Bullrich, 1978; and Nilsson, 1979].
This chapter describes aerosol models and their optical prop-
erties for the lower and upper atmosphere [Shettle and Fenn
1976, 1979]. The models presented below are based on a
review of the available experimental data on the nature of
aerosols, their sizes, distribution, and variability. However,
it must be emphasized that these models represent only a
simple, generalized version of typical conditions. It is not
practical to include all the details of natural particle distri-
butions nor are existing experimental data sufficient to de-
scribe the frequency of occurrence of the different condi-
tions. While these particulate models were developed to be
as representative as possible of different atmospheric con-
ditions, the following point should be kept in mind when
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Table 18-6. Characteristics of the aerosol models as a function of relative humidity.

Aerosol Model

Rural

Urban

Maritime
Continental
Origin
Oceanic
Origin

Tropospheric

Size Distribution Type

Ni L ag;
0.999875 0.03 0.35 Mixture of Water Soluble
0.000125 0.5 0.4 and Dust-Like Aerosols
0.999875 0.03 0.35 Rural Aerosol Mixtures
0.000125 0.5 0.4 with Soot-Like Aerosols
0.99 0.03 0.35 Rural Aerosol Mixture
0.01 0.3 04 Sea Salt Solution in Water
1.0 0.03 0.35 Rural Aerosol Mixture

using any such model: given the natural variability of the
atmosphere, almost any particle model is supported by some
measurements and no model (or set of models) will be

consistent with all measurements.

The size distributions for the different aerosol models
are represented by one or the sum of two log-normal dis-

tributions:

n(r) ar

X exp[—

_ dN(r) _

™M

i

20'i2

| {[m(m) Creog \/277}
(logr — log 1;)?

(18.15)

where N(r) is the cumulative number density of particles of
radius r, o is the standard deviation, and r;, N, are the mode

radius and the number density of r;. This form of distribution
function represents the multimodal nature of the atmospheric
aerosols. Following the usual convention, log is the loga-
rithm to the base 10 and In is the logarithm to the base e.

Four different aerosol models for the atmospheric
boundary layer have been developed. They differ in particle
size distribution and particle refractive index. Table 18-6
lists the parameters defining the size distributions in ac-
cordance with Equation (18.15) for these models. These
mode radii correspond to moderate humidities (70% to 80%);
values of r; as a function of humidity are given in Table
18-7.

The choices of N in Table 18-6 are normalized to cor-
respond to | particle/cm?®. The actual size distributions can
be renormalized to give the correct extinction coefficients
for the altitude and the visibility being used. The continental
and oceanic components of the maritime model can be used
in various proportions depending on the prevailing winds—
particularly in coastal regions.

As the relative humidity increases, water vapor con-

Table 18-7. Mode radii for the aerosol models as a function of relative humidity.

Rural Urban
Relative Tropospheric
Humidity I r Iy Maritime I Iy
0% 0.02700 0.02700 0.4300 0.1600 0.02500 0.4000
50% 0.02748 0.02748 0.4377 0.1711 0.02563 0.4113
70% 0.02846 0.02846 0.4571 0.2041 0.02911 0.4777
80% 0.03274 0.03274 0.5477 0.3180 0.03514 0.5808
90% 0.03884 0.03884 0.6462 0.3803 0.04187 0.7061
95% 0.04238 0.04238 0.7078 0.4606 0.04904 0.8634
98% 0.04751 0.04751 0.9728 0.6024 0.05996 1.1691
9% 0.05215 0.05215 1.1755 0.7505 0.06847 1.4858
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denses out of the atmosphere on the particulates suspended
in the atmosphere. This condensed water increases the size
of the aerosols and changes their composition and effective
refractive index. The resulting effect of the aerosol on the
absorption and scattering of light will correspondingly be
modified. There have been a number of studies on the change
of aerosol properties as a function of relative humidity. The
most comprehensive of these, especially in terms of the
resulting effects on the aerosol optical properties, is the work
of Hanel [1976].

The “Rural Model” is intended to represent the aerosol
under conditions where it is not directly influenced by urban
and/or industrial aerosol sources. The rural aerosols are
assumed to be composed of a mixture of 70% water soluble
substances (ammonium and calcium sulfate and also organic
compounds) and 30% dust-like aerosols. The refractive in-
dex for these components based on the measurements of
Volz [1972a,b; 1973] is shown in Figure 18-8. The refrac-
tive index is in general a complex quantity with a real and
imaginary part. These refractive index data weighted by the
mixing ratio of the two components are consistent with other
direct measurements and with values inferred from in situ
measurements. For the refractive index of water, the survey
of Hale and Querry [1973] was used. While there are some
minor differences between the optical constants in Hale and
Querry’s survey and the more recent measurements, these
differences are comparable to the experimental errors and
are small compared with the other uncertainties in the model
parameters. These refractive index data are shown in Figure
18-9. The resulting number density distributions n(r), are
shown in Figure 18-10. To allow for the dependence of the
humidity effects on the size of the dry aerosol, the growth
of the aerosol was computed separately for the accumulation
and coarse particle components. In accounting for the aer-
osol growth, changes in the width of the size distribution
were assumed negligible so only the mode radius r; was
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Figure 18-8. Refractive index for the dry rural and urban aerosol com-
ponents.
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Figure 18-9. Refractive index of oceanic aerosol, water, and sea salt.

modified by humidity changes (Figure 18-10). The effective
refractive indices for the two size components were then
computed.

In urban areas the air with a rural aerosol background
is primarily modified by the addition of aerosols from com-
bustion products and industrial sources. The urban aerosol
model therefore was taken to be a mixture of the rural aerosol
with carbonaceous aerosols. The proportions of the soot-
like carbonaceous aerosols and the rural type of aerosol
mixture are assumed to be 20% and 80%, respectively. The
soot-like aerosols are assumed to have the same size dis-
tribution as both components of the rural model. The re-
fractive index of the soot-like aerosols are based on the soot
data in Twitty and Weinman’s [1971] survey of the refrac-
tive index of carbonaceous materials. As with the rural
model, a composite urban aerosol refractive index was de-
termined at each wavelength.

The aerosol compositions and distributions of oceanic
origin are significantly different from continental aerosol
types. These aerosols are largely sea-salt particles produced
by the evaporation of sea-spray droplets that have grown
again due to aggregation of water under high relative hu-
midity conditions. However, even over the ocean there is
a more or less pronounced continental aerosol background
that, mixed with the aerosol of oceanic origin, forms a fairly
uniform maritime aerosol. It is representative for the bound-
ary layer in the lower 2-3 km in the atmosphere over the
oceans, but also may occur over the continents in a maritime
air mass. This maritime model should be distinguished from
the fresh sea-spray aerosol that exists in the lower 10-20
m above the ocean surface and is strongly dependent on
wind speed.

The maritime aerosol model, therefore, is composed of
two components: (1) the sea-salt component and (2) a con-
tinental component assumed to be identical to the rural aer-
osol with the exception that the very large particles are
eliminated since they will eventually be lost due to fallout
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Figure 18-10. Aerosol number distribution (cm~* wm™) for the rural model
at different relative humidities with total particle concen-
trations fixed at 15 000 cm™.

as the air masses move across the oceans. For the size
distribution of the oceanic component, a log normal distri-
bution is used with r, = 0.3 wm for moderate relative hu-
midity (=80%) and o = 0.4. The relative proportions of
aerosol of oceanic or continental origins will vary particu-
larly in coastal regions. To account for these variations, the
model permits the user to adjust the relative amounts of the
oceanic and continental types of aerosol. The number den-
sity distribution is shown in Figure 18-11. The refractive
index is based on that for a solution of sea salt in water,
using a weighted average of the refractive indices of water
and sea salt. The refractive index of the sea salt is primarily
taken from the measurements of Volz [1972 a, b]. A model
for maritime aerosols that accounts for production of oceanic
aerosol at the sea surface by white caps and spray as a
function of wind speed and the changes in drop size due to
varying relative humidity was developed recently by Gath-
man [1983]. With some modifications this model has been
incorporated into LOWTRAN 6 (see Section 18.4.2).

The tropospheric aerosol model represents the aerosols
within the troposphere above the boundary layer. These
aerosols are assumed to have the same composition as the

rural mode! (70% water soluble and 30% dust-like). The
size distribution is modified from the rural model by elim-
inating the large (or coarse) particle (r; = 0.5 um) com-
ponent of the size distribution because of the longer resi-
dence of aerosols above the boundary and the expected
differential loss of the larger particles. This leaves the log-
normal distribution with the small (or accumulation particle
component). This is consistent with the changes in aerosol
size distribution with altitude suggested by Whitby and Can-
trell [1976]. The dependence of particle size on relative
humidity is the same as for the small particle component of
the rural model, and is shown in Figure 18-12.

Based on observations of stratospheric aerosol behavior
four different vertical distribution models for the strato-
sphere were developed: a background model and three dif-
ferent volcanic aerosol profiles (moderate, high, and ex-
treme). These models represent either different amounts of
volcanic material injected into the stratosphere or the de-
crease over time from the extreme conditions following a
major event such as the Krakatoa explosion. The experi-
mental data also confirm a seasonal trend in the stratospheric
aerosol distributions. Figure 18-13 shows these stratospheric
models and also for comparison the 1968 Elterman model
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Figure 18-11. Acrosol number distribution (cm™ pm™) for the maritime
model at different relative humidities with total particle
concentrations fixed at 4000 cm™.

18-13



CHAPTER 18
TROPOSPHERIC REROSOL MODELS

10° gty et
10° 1
104
az 3 Yo 1
o 107 72
~
= 2 1
= 10
>—
7 o1a! +
-
w 0 1
Z 10
L
o gt 1
e ]
Ll -2 ] 1
aa] 107 3 E
= 3
D -3 ] : 1
=z 10 s 7
-4 iy 1
1a T DRY TROPC AERDSOLS I
————— RH=B80% TROPO MODEL \\
4 | sesssessenes RH=95% TROPG MODEL .
10754 ————— RH=99% TROPO HODEL \;‘\_ 1
] !
] H
g8 e rrrre— e it -
: 107® 10 107t 10° 1a! 102
RADIUS (pm)

Figure 18-12. Aerosol number distribution (cm™ wm™) for the tropos-
pheric model at different relative humidities with total par-
ticle concentrations fixed at 10 000 cm™.

based on data collected during the period several years after
the Agung eruption in 1963 and therefore representative for
the moderate volcanic conditions.

The stratospheric background aerosols were assumed to
be a 75% solution of sulfuric acid in water following the
work of Rosen [1971] and Toon and Pollack [1973]. The
complex refractive index as a function of wavelength is
based on the measurements of Remsberg [1971 and 1973]
and Palmer and Williams [1975]. The refractive index for
the volcanic models is based on the measurements of Volz
[1973] on volcanic dust.

There are two volcanic aerosol size models: a “Fresh
Volcanic Model” representing the size distribution of aer-
osols shortly after a volcanic eruption, and a “Volcanic
Model” representing the aerosol about a year after an erup-
tion. Both size distributions were chosen mainly on the basis
of Mossop’s [1964] measurements following the eruption
of Mt. Agung. The size distribution was also made con-
sistent with the observed wavelength dependence of ex-
tinction due to volcanic aerosols, and in the case of the
“Fresh Volcanic Model” consistent with the observation of
optical phenomena such as Bishop’s rings, and a blue or
green sun sometimes observed following major volcanic
eruptions. These size distributions are represented by a mod-
ified gamma distribution:
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dN

E = n(r) = Ar® exp (—br") (18.16)

whose parameters are given in Table 18-8. Either of the two
volcanic size distribution models are appropriate to use with
the “moderate” or “high” volcanic vertical profiles, de-
pending on whether these profiles represent a major eruption
after a couple of years or a recent weaker eruption. It should
be noted that the profiles may have a much more layered
structure than is shown in the model distributions, partic-
ularly shortly after a volcanic injection of dust into the
atmosphere.

The major component of the normal upper atmospheric

Table 18-8. Modified gamma distribution parameters.

A o 0" b

Background Stratospheric 324.0 1 l 18
Fresh Volcanic 34133 1L 0S5 8
Aged Volcanic 546133 1 05 16
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aerosol is considered to be meteoric dust. Méteoric or com-
etary dust also forms some of the layers occasionally ob-
served in the upper atmosphere. The refractive index of
meteoric dust is based on the work of Shettle and Volz
[1976] who determined the complex refractive index for a
mixture of chondrite dust which represents the major type
of meteorite falling on the earth. The size distribution has
been represented by a log-normal distribution (equation 18.15
with i = 1) whose parameters are given as

Ny =1lcem* r=003pum,o =05.

Figure 18-13 shows in addition to the normal upper atmos-
pheric mode! an extreme model similar to Iviev’s [1969)
model for the upper atmosphere. Attenuation coefficients
this large occur in layers with thicknesses no greater than
a few kilometers. At different times these layers can be
either micrometeoric dust or noctilucent clouds. The wave-
length dependent refractive indices for the different aerosol
types are listed in Table 18-9.

18.2.1.5 Aerosol Extinction, Scattering, Polarization.
Once the size distribution and refractive index of the aerosol
models are specified, the optical properties can be deter-
mined. The effects of small particles on the propagation of
radiation are defined by the coefficients for extinction, scat-
tering and absorption, the angular scattering function, and
the polarization of scattered radiation.

The Mie [1908] theory treats the scattering of light by
homogeneous particles of arbitrary size and refractive index
(for Rayleigh scattering see Section 18.1.4). For detailed
discussions on particle scattering see textbooks by van de
Hulst [1957], Kerker [1969], and McCartney [1976]. The
spatial distribution of scattered light for incident unpolarized
light of intensity I,,, is

1

I
g 2.k R?

li, (a, m, 0) + i, (@, m, 0)],
(18.17)

where k = 2 @/\,
R = Distance from the scattering particle center,
a = 2 wr/\; the size parameter, r is particle radius,

m = complex refractive index of the particle
relative to its surrounding medium,

6 = angle between the incident and the scattered

beams (8 = 0° is defined as forward scattering.

i, = perpendicular polarized component

i, = parallel polarized component

The dimensionless intensity functions define degree of linear
polarization P:

p-o— 1 (18.18)
I+ 1

Integration of the scattered light over all directions (44t
steradians) gives

4
f L, dQ =1, C. (18.19)

(6]

The ratio of C, (scattering cross section) to the geometrical
cross section of the scattering particle, r*m, is called scat-
tering efficiency factor Q. If light is traveling through a
scattering medium containing N particles per unit volume,
the loss of light due to scattering per unit path length dx is

dl, = -I,-C, N dx. (18.20)
Integration of Equation (18.20) gives the Bouguer extinction
law:

IA,lransmilled = Io.)\ exXp (*ksx) (1821)
withk, = N - C, called the scattering coefficient. Similarly
to k, one can define an absorption coefficient k, for ab-
sorption by absorbing aerosol particles.

k. = k, + k, is called the extinction coefficient.

For Mie scattering calculations, the aerosol particles are
assumed to be spherical, which in general is not true. While
liquid aerosols are approximately spherical, dry particles
usually are irregularly shaped. However, it can be argued
that many of the measurements of aerosol size distributions
directly measure scattered light from the aerosol particles,
and the size “‘assigned” to the particle is the size of a sphere
that has similar scattering properties to the measured par-
ticle. Furthermore, the irregularly shaped particles are clos-
est to “equivalent” spheres in their scattering properties in
the forward direction generally used for size measurements.
Therefore, the resulting size distribution is the size distri-
bution of spheres that have similar optical properties to those
of the actual aerosol particles. Also, studies by Chylek et al.
[1976] and Holland and Gagne [1970] indicate that for par-
ticles of equal overall dimension but different shapes, the
spherical particle extinction has the highest values.

The computed attenuation coefficients (extinction, scat-
tering, and absorption) for the model aerosols above are
shown in Tables 18-10 a thru ¢ and Figures 18-14 thru
18-22.

The attenuation coefficients for the rural acrosol model
at 50% relative ‘humidity as a function of wavelength are
shown in Figure 18-14. To show the effect of variations of
relative humidity on the aerosol extinction, the rural model
extinction has been calculated over a range of humidities
for a constant total number density. The resulting extinction
versus wavelength is shown in Figure 18-15 for several
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Table 18-9a. Refractive indices for different aerosol types.

Wavelength Sea Salt Oceanic Water Ice Meteoric
(pm) real imag. real imag. real imag. real imag. real imag.
0.200 1.510 —1.00E-04 1.429 —2.87E-05 1.396 —1.10E-07 1.394 —1.50E-08 1.515 —1.23E-05
0.250 1.510 —5.00E-06 1.404 —1.45E-06 1.362 —3.35E-08 1.351 —8.60E-09 1.515 —2.41E-05
0.300 1.510 —2.00E-06 1.395 —5.83E-07 1.349 —1.60E-08 1.334 —5.50E-09 1.515 —4.18E-05
0.337 1.510 —4.00E-07 1.392 —1.20E-07 1.345 —8.45E-09 1.326 —4.50E-09 1.514 —5.94E-05
0.400 1.500 —-3.00E-08 1.385 —9.90E-09 1.339 —1.86E-09 1.320 —2.71E-09 1.514 —9.95E-05
0.488 1.500 —2.00E-08 1.382 —6.41E-09 1.335 —9.69E-10 1.313 —1.75E-09 1.513 —1.81E-04
0.515 1.500 —1.00E-08 1.381 —3.70E-09 1.334 —1.18E-09 1.312 —2.19E-09 1.513 —2.13E-04
0.550 1.500 —1.00E-08 1.381 —4.26E-09 1.333 —1.96E-09 1.311 —3.11E-09 1.513 —2.61E-04
0.633 1.490 —2.00E-08 1.377 —1.62E-08  1.332 —1.46E-08  1.308 —1.09E-08 1.512 —3.99E-04
0.694 1.490 —1.00E-07 1.376 —5.04E-08 1.331 —3.05E-08 1.306 —2.62E-08 1.511 —5.30E-04
0.860 1.480 —3.00E-06 1.372 —1.09B-06 1.329 —3.29E-07 1.303 —2.15E-07 1.509 —1.02E-03

. 1.060 1.470 —2.00E-04 1.367 —6.01E-05 1.326 —4.18E-06 1.300 —1.96E-06 1.506 —1.95E-03
1.300 1.470 —4.00E-04  1.365 —1.41E-04 1.323 —3.69E-05 1.295 —1.,32E-05 1.501 —3.72E-03
1.536 1.460 —6.00E-04 1.359 —2.43E-04 1.318 —9.97E-05 1.290 —6.10E-04 1.495 —6.34E-03
1.800 1.450 —8.00E-04 1.351 —3.11E-04 1.312 —1.15E-04 1.282 —1.13E-04 1.488 —1.06E-02
2.000 1.450 —1.00E-03  1.347 —1.07E-03 1.306 —1.10E-03  1.273 —1.61E-03  1.482 —1.51E-02
2.250 1.440 —2.00E-03  1.334 —8.50E-04 1.292 —3.90E-04 1.256 —2.13E-04 1.474 —2.24E-02
2.500 1.430 —4.00E-03  1.309 —2.39E-03 1.261 —1.74E-03  1.225 —7.95E-04 1.467 -3.18E-02
2.700 1.400 —7.00E-03  1.249 —1.56E-02 1.188 —1.90E-02 1.163 —2.93E-03 1.462 —4.10E-02
3.000 1.610 —1.00E-02 1.439 —0.197 1.371 —0.272 1.045 —0.429 1.456 —5.73E-02
3.200 1.490 —3.00E-03 1.481 —6.69E-02 1.478 —9.24E-02 1.652 —0.283 1.454 —6.94E-02
3.392 1.480 —2.00E-03 1.439 —1.51E-02 1.422 -2.04E-02 1.510 —4.01E-02 1.454 —8.15E-02
3.500 1.480 —1.60E-03 1.423 —7.17E-03  1.400 —-9.40E-03  1.453 —1.6]1E-02 1.455 —8.82E-02
3.750 1.470 —1.40E-03  1.398 —2.90E-03 1.369 —3.50E-03  1.391 —7.00E-03 1.459 —0.103
4.000 1.480 —1.40E-03  1.388 —3.69E-03 1.351 —4.60E-03 1.361 —1.00E-02 1.466 —0.116
4.500 1.490 —1.40E-03 1.377 —9.97E-03 1.332 —1.34E-02 1.340 —2.87E-02 1.485 —0.131
5.000 1.470 —2.50E-03 1.366 —9.57E-03 1.325 —1.24E-02 1.327 —1.20E-02 1.500 —0.135
5.500 1.420 —3.60E-03  1.333 —9.31E-03 1.298 —1.16E-02 1.299 —2.17E-02 1.508 —0.132
6.000 1.410 —1.10E-02  1.306 —7.96E-02 1.265 —0.107 1.296 —6.47E-02 1.507 —0.126
6.200 1.600 —2.20E-02 1.431 —6.91E-02 1.363 —8.80E-02 1.313 —6.83E-02 1.504 —0.124
6.500 1.460 —5.00E-03 1.374 —2.94E-02 1.339 —3.92E-02 1.320 —5.59E-02 1.497 —0.121
7.200 1.420 —7.00E-03  1.343 ~2.49E-02 1312 —3.21E-02 1.318 —5.44E-02 1.469 —0.119
7.900 1.400 —1.30E-02 1.324 —2.79E-02 1.294 —3.39E-02 1.313 —4.79E-02 1.422 —0.130
8.200 1.420 —2.00E-02 1.324 —3.08E-02 1,286 —3.51E-02 1.306 —3.90E-02 1.395 —0.142
8.500 1.480 —2.60E-02 1.336 —3.36E-02 1.278 —3.67E-02 1.291 -3.91E-02 1.363 —0.162
8.700 1.600 —3,00E-02 1.366 —3.56E-02 1.272 —3.79E-02 1.282 —4.00E-02 1.339 -0.182
9.000 1.650 —2.80E-02 1.373 —3.65E-02 1.262 —3.99E-02 1.269 —4.29E-02 1.302 —0.228
9.200 1.610 —2.60E-02 1.356 —3.71E-02 1.255 —4.15E-02 1.261 —4.46E-02 1.281 —0.273
9.500 1.580 —1.80E-02 1.339 —3.68E-02 1.243 —4.44E-02 1.245 —4.59E-02 1.272 —0.360
9.800 1.560 —1.60E-02 1.324 —3.88E-02 1.229 —4.79E-02 1.219 —4.70E-02 1.310 —0.450
10.000 1.540 —1.50E-02 1.310 —4.06E-02 1.218 —5.08E-02 1.197 —5.10E-02 1.355 —0.488
10.591 1.500 —1.40E-02 1.271 —5.22E-02 1.179 —6.74E-02 1.098 —0.131 1.419 —0.547
11.000 1.480 —1.40E-02 1.246 —7.31E-02 1.153 —9.68E-02 1.093 -0.239 1.509 —0.691
11.500 1.480 —1.40E-02  1.227 —0.105 1.126 —0.142 1.176 —0.360 1.847 -0.634
12.500 1.420 —1.60E-02 1.208 —0.190 1.123 -0.259 1.387 —-0.422 1.796 —0.252
13.000 1.410 —1.80E-02 1.221 —0.223 1.146 —0.305 1.472 —0.389 1.711 -0.219
14.000 1.410 —2.30E-02 1.267 —0.271 1.210 —0.370 1.569 —0.283 1.641 —0.217
14.800 1.430 —3.00E-02 1.307 —0.292 1.258 —0.396 1.579 —0.191 1.541 -0.198
15.000 1.450 —3.50E-02 1.321 —0.297 1.270 —0.402 1.572 -0.177 1.510 —0.206
16.400 1.560 —9.00E-02  1.407 —0.331 1.346 —0.427 1.531 —-0.125 1.478 —0.467
17.200 1.740 —0.120 1.487 —0.341 1.386 —0.429 1.534 —0.107 1.441 —-0.400
18.000 1.780 -0.130 1.525 —0.341 1.423 —-0.426 1.522 —8.39E-02 1.354 —0.557
18.500 1.770 -0.135 1.536 —0.339 1.448 —0.421 1.510 —7.60E-02 1.389 —0.705

20.000 1.760 —0.152 1.560 —0.324 1.480 —0.393 1.504 —6.70E-02  1.803 —0.765

21.300 1.760 —0.165 1.568 —0.318 1.491 —-0.379 1.481 —3.85E-02 1.797 —0.556

22.500 1.760 —0.180 1.579 —0.316 1.506 —0.370 1.455 —2.91E-02 1.661 -0.592

25.000 1.760 —0.205 1.596 —0.313 1.531 —0.356 1.414 —2.99E-02 1.983 —0.861

27.900 1.770 —0.275 1.612 -0.320 1.549 —0.339 1.358 —4.90E-02 2.023 —0.666

30.000 1.770 —0.300 1.614 —0.320 1.551 —0.328 1.325 —6.50E-02  2.149 —0.665

35.000 1.760 —0.500 1.597 —0.383 1.532 —-0.336 1.226 —0.155 2.146 —0.380

40.000 1.740 —1.000 1.582 —0.561 1.519 —0.385 1.202 —0.344 1.979 —-0.359




OPTICAL AND INFRARED PROPERTIES OF THE ATMOSPHERE

Table 18-Ob. Refractive indices for different acrosol types.

Water
Wavelength Soluble Dust-Like Soot 75% H,S0, Volcanic
(pm) real imag. real imag. real  imag. real imag. real imag.
0.200 1.530 —7.00E-02 1.530 -7.00E-02 1.500 —0.350 1.498 —1.00E-08 1.500 —7.00E-02
0.250 1.530 —3.00E-02 1.530 —3.00E-02 1.620 —0.450 1.484 —1.00E-08  1.500 —3.00E-02
0.300 1.530 —8.00E-03 1.530 —8.00E-03  1.740 —0.470  1.469 —1.00E-08  1.500 — 1.00E-02
0.337 1.530 —5.00E-03 1.530 —8.00E-03  1.750 —0.470  1.459 —1.00E-08  1.500 —8.00E-03
0.400 1,530 —5.00E-03 1.530 —8.00E-03  1.750 —0.460  1.440 —1.00E-08 1.500 —8.00E-03
0.488 1.530 —5.00E-03 1.530 —8.00E-03  1.750 —0.450  1.432 —1.00E-08 1.500 —8.00E-03
0.515 1.530 —5.00E-03 1.530 —8.00E-03  1.750 —0.450  1.431 —1.00E-08  1.500 —8.00E-03
0.550 1.530 —6.00E-03 1.530 —8.00E-03  1.750 —0.440  1.430 —1.00E-08  1.500 —8.00E-03
0.633 1.530 —6.00E-03 1.530 —8.00E-03 1.750 —0.430  1.429 —1.47E-08  1.500 —8.00E-03
0.694 1.530 —7.00E-03 1.530 —8.00E-03 1.750 —0.430  1.428 —1.99E-08  1.500 —8.00E-03
0.860 1.520 —1.20E-02 1.520 —8.00E-03  1.750 —0.430  1.425 —1.79E-07  1.500 —8.00E-03
1.060 1.520 — 1.70E-02 1.520 -~8.00E-03  1.750 —0.440  1.420 - 1.50E-06  1.500 —8.00E-03
1.300 1.510 —2.00E-02 1.460 —8.00E-03 1.760 —0.450 1.410 —1.00E-05 1.500 —8.00E-03
1.536 1.510 —2.30E-02 1.400 ~8.00E-03  1.770 —0.460  1.403 —1.37E-04  1.490 —8.00E-03
1.800 1.460 — 1.70E-02 1.330 —8.00E-03  1.790 —0.480 1.390 —5.50E-04  1.480 — 8.00E-03
2.000 1.420 —8.00E-03 1.260 —8.00E-03  1.800 —0.490  1.384 —1.26E-03 1.460 — 8.00E-03
2.250 1.420 —1.00E-02 1.220 —9.00E-03  1.810 —0.500  1.370 — 1.80E-03 1.460 —8.00E-03
2.500 1.420 —1.20E-02 1.180 —9.00E-03  1.820 —0.510  1.344 —3.76E-03 1.460 ~9.00E-03
2.700 1.400 —5.50E-02 1.180 —1.30E-02  1.830 —0.520  1.303 —5.70E-03 1.460 — 1.00E-02
3.000 1.420 —2.20E-02 1.160 —1.20E-02  1.840 —0.540  1.293 —9.55E-02  1.480 —1.30E-02
3.200 1.430 —8.00E-03 1.220 —1.00E-02 1.860 —0.540  1.311 —-0.135 1.480 —1.40E-02
3.392 1.430 —7.00E-03 1.260 —1.30E-02 1.870 —0.550  1.352 —-0.159 1.490 —1.20E-02
3.500 1.450 —5.00E-03 1.280 —1.10E-02  1.880 —0.560 1.376 —0.158 1.490 —1.10E-02
3.750 1.452 —4.00E-03 1.270 —1.10E-02  1.900 -0.570  1.396 —0.131 1.500 —9.00E-03
4.000 1.455 —5.00E-03 1.260 —1.20E-02  1.920 —0.580  1.398 —0.126 1.500 —7.00E-03
4.500 1.460 —1.30E-02 1.260 —1.40E-02  1.940 —0.590  1.385 —0.120 1.520 ~7.50E-03
5.000 1.450 —1.20E-02 1.250 —1.60E-02 1970 —0.600  1.360 —0.121 1.510 —9.00E-03
5.500 1.440 —1.80E-02 1.220 —2.10E-02  1.990 —0.610  1.337 —0.183 1.510 —1.20E-02
6.000 1.410 —2.30E-02 1:150 —3.70E-02  2.020 —0.620  1.425 —0.195 1.480 —1.50E-02
6.200 1.430 -—-2.70E-02 1.140 —3.90E-02  2.030 —0.625 1.424 —0.165 1.460 —1.80E-02
6.500 1.460 —3.30E-02 1.130 —4.20E-02  2.040 —0.630 1.370 —0.128 1.450 —2.40E-02
7.200 1.400 —7.00E-02 1.400 —5.50E-02  2.060 —0.650 1.210 —0.176 1.440 —4.50E-02
7.900 1.200 —6.50E-02 1.150 —4.00E-02  2.120 —-0.670  1.140 —0.488 1.380 —7.20E-02
8.200 1.010 —0.100 1.130 —7.40E-02  2.130 —-0.680 1.200 —0.645 1.340 —9.70E-02
8.500 1.300 —0.215 1.300 —9.00E-02  2.150 —0.690  1.370 —0.755 1.620 —0.121
8.700 2.400 —0.290 1.400 —0.100 2.160 —0.690  1.530 —0.772 1.950 —0.170
9.000 2.560 —0.370 1.700 —0.140 2.170 —0.700  1.650 —0.633 2.200 —0.215
9,200 2.200 —0.420 1.720 -0.150 2.180 —0.700  1.600 —0.586 2.230 —0.240
9.500 1.950 —0.160 1.730 —0.162 2.190 —0.710  1.670 —0.750 2.250 —0.275
9.800 1.870 —9.50E-02 1.740 —0.162 2.200 ~0.715 1.910 —0.680 2.280 —-0.304
10.000 1.820 —9.00E-02 1.750 —0.162 2.210 —0.720  1.890 —0.455 2.300 —0.320
10.591 1.760 —7.00E-02 1.620 —-0.120 2.220 —0.730  1.720 —0.340 2.200 —0.305
11.000 1.720 —5.00E-02 1.620 —0.105 2.230 —0.730  1.670 —0.485 2.150 —0.270
11.500 1.670 —4.70E-02 1.580 —0.100 2.240 —0.740  1.890 -0.374 2.050 —0.240
12.500 1.620 —5.30E-02 1.510 —9.00E-02  2.270 —0.750 1.740 —0.198 1.800 —0.155
13.000 1.620 —5.50E-02 1.470 —0.100 2.280 ~0.760  1.690 —-0.195 1.760 —0.148
14.000 1.560 —7.30E-02 1.520 —8.50E-02  2.310 —0.775 1.640 —0.195 1.700 —0.145
14.800 1.440 —0.100 1.570 -0.100 2.330 —0.790  1.610 —0.205 1.650 —0.157
15.000 1.420 —-0.200 1.570 —-0.100 2.330 —0.790  1.590 —0.211 1.650 —0.170
16.400 1.750 -0.160 1.600 —0.100 2.360 —0.810 1.520 —-0.414 1.750 —0.200
17.200 2.080 —0.240 1.630 —0.100 2.380 —0.820  1.724 —0.590 1.850 —0.240
18.000 1.980 —0.180 1.640 —0.115 2.400 —0.825 1.950 —0.410 2.000 —0.305
18.500 1.850 ~0.170 1.640 —0.120 2.410 —0.830  1.927 —0.302 2.100 —0.325
20.000 2.120 —0.220 1.680 —0.220 2.450 —0.850  1.823 —0.235 2.250 —0.318
21.300 2.060 —0.230 1.770 —0.280 2.460 —0.860  1.780 —0.292 2.400 —0.290
22.500 2.000 —-0.240 1.900 —0.280 2.480 —0.870 1.870 —0.315 2.500 —0.350
25.000 1.880 —0.280 1.970 —0.240 2.510 —0.890  1.930 —0.200 2.600 —0.400
27.900 1.840 —0.290 1.890 —0.320 2.540 -0.910  1.920 —0.180 2.500 —0.430
30.000 1.820 —0.300 1.800 —0.420 2.570 —0.930  1.920 —0.180 2.400 —0.450
35.000 1.920 —0.400 1.900 —0.500 2.630 —0.970  1.900 —0.190 2.300 —-0.520
40.000 1.860 —0.500 2.100 —0.600 2.690 —1.000 1.890 —0.220 2.250 —0.650
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Table 18-10a. Vertical distribution of aerosol extinction (km '1) for a wavelength of 0.550 wm with rural model aerosol boundary layer.

Height 50 km 23 km 10 km 5 km 2 km

(km)  Met. Range Met. Range Met. Range Met. Range  Met. Range
0.0 6.62E-02 1.58E-01 3.79E-01 7.70E-02 1.94E +00
1.0 4.15E-02 9.91E-02 3.79E-01 7.70E-01 1.94E +00
1.5 3.26E-02 7.92E-02 3.79E-01 7.70E-01 1.94E +00
2.0 2.60E-02 6.21E-02  6.21E-02 6.21E-02 6.21E-02

Fall-Winter Profiles Spring-Summer Profiles
50 km Surface 2 to 23 km Surface 50 km Surface 2 to 23 km Surface
Met. Range Met. Range Met. Range Met. Range
2.0 2.60E-02 6.21E-02 2.60E-02 6.21E-02
3.0 1.14E-02 2.72E-02 1.46E-02 3.46E-02
4.0 6.43E-03 1.20E-02 1.02E-02 1.85E-02
5.0 4.85E-03 4.85E-03 9.30E-03 9.30E-03
6.0 3.54E-03 3.54E-03 7.71E-03 7.71E-03
7.0 2.30E-03 2.30E-03 6.22E-03 6.22E-03
8.0 1.41E-03 1.41E-03 3.36E-03 3.36E-03
9.0 9.80E-04 9.80E-04 1.81E-03 1.81E-03
Background Moderate High Extreme Background Moderate High Extreme
Stratosphere Volcanic Volcanic Volcanic  Stratospheric Volcanic Volcanic  Volcanic
9.0 9.80E-04 9.80E-04  9.80E-04  9.80E-04 1.81E-03 1.81E-03 1.81E-03 1.81E-03
10.0 7.87E-04 1.38E-03 1.70E-03 1.70E-03 1.14E-03 1.85E-03 1.85E-03  1.85E-03
11.0 7.14E-04 1.79E-03 2.31E-03 2.31E-03 8.00E-04 2.11E-03 2.11E-03 2.11E-03
12.0 6.63E-04 2.21E-03 3.25E-03 3.25E-03 6.42E-04 2.45E-03 2.45E-03 2.45E-03
13.0 6.22E-04 2.75E-03  4.52E-03 4.52E-03 5.17E-04 2.80E-03 2.80E-03 2.80E-03
14.0 6.45E-04 2.89E-03 6.40E-03 6.40E-03 4.43E-04 2.89E-03 3.61E-03 3.61E-03
15.0 6.43E-04 2.92E-03 7.80E-03 1.01E-02 3.95E-04 2.92E-03 5.23E-03 5.23E-03
16.0 6.41E-04 2.74E-03 9.42E-03 2.35E-02 3.82E-04 2.74E-03 8.10E-03 8.10E-03
17.0 6.01E-04 2.46E-03 1.07E-02  6.10E-02 4.25E-04 2.46E-03 1.20E-02 1.27E-02
18.0 5.63E-04 2.10E-03 1.10E-02 1.00E-01 5.20E-04 2.10E-03 1.52E-02 2.32E-02
19.0 4.92E-04 1.71E-03 8.60E-03  4.00E-02 5.82E-04 1.71E-03 1.53E-02 4.85E-02
20.0 4.23E-04 1.35E-03 5.10E-03 9.15E-03 5.90E-04 1.35E-03 1.17E-02  1.00E-01
21.0 3.52E-04 1.09E-03 2.70E-03 3.13E-03 5.03E-04 1.09E-03  7.10E-03 5.50E-02
22.0 2.96E-04 8.60E-04 1.46E-03 1.46E-03 4.20E-04 8.60E-04  4.50E-03 6.10E-03
23.0 2.42E-04 6.60E-04 8.90E-04  8.90E-04 3.00E-04 6.60E-04  2.40E-03 2.40E-03
24.0 1.90E-04 5.15E-04 5.80E-04  5.80E-04 1.98E-04 5.15E-04 1.28E-03  1.28E-03
25.0 1.50E-04 4.10E-04  4.10E-04  4.10E-04 1.31E-04 4.10E-04  7.75E-04 7.75E-04
26.0 1.15E-04 3.20E-04 3.20E-04  3.20E-04 9.01E-05 3.20E-04  4.45E-04 4.45E-04
27.0 8.95E-05 2.51E-04  2.51E-04  2.51E-04 6.78E-05 2.51E-04  2.90E-04 2.90E-04
28.0 6.70E-05 2.10E-04  2.10E-04  2.10E-04 5.18E-05 2.10E-04  2.10E-04 2.10E-04
29.0 5.20E-05 1.24E-04 1.24E-04 1.24E-04 4.12E-05 1.24E-04 1.24E-04 1.24E-04
30.0 3.32E-05 7.60E-05 7.60E-05 7.60E-05 3.32E-05 7.60E-05  7.60E-05 7.60E-05
Transition from Volcanic to
Normal Extreme
Upper Atmos. Normal Extreme Upper Atmos.
30.0 3.32E-05 7.60E-05 7.60E-05 3.32E-05
35.0 1.65E-05 2.45E-05 7.20E-05 4.25E-05
40.0 8.00E-06 8.00E-06  6.95E-05 5.60E-05
45.0 4.02E-06 4.02E-06  6.60E-05 6.60E-05
50.0 2.10E-06 5.04E-05
55.0 1.09E-06 3.40E-05
60.0 5.78E-07 2.30E-05
65.0 3.05E-07 1.62E-05
70.0 1.60E-07 1.03E-05
75.0 6.95E-08 6.70E-06
80.0 2.90E-08 4.30E-06
85.0 1.20E-08 2.78E-06
90.0 5.10E-09 1.55E-06
95.0 2.15E-09 8.30E-07
100.0 9.30E-10 4.50E-07
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Table 18-10b. Vertical distribution of acrosol scattering (km '1) for a wavelength of 0.550 pm with rural model aerosol boundary layer.

OPTICAL AND INFRARED PROPERTIES OF THE ATMOSPHERE

Height
(km)
0.0
1.0
1.5
2.0

2.0
3.0
4.0
5.0
6.0
7.0
8.0
9.0

9.0
10.0
11.0
12.0
13.0
14.0
15.0
16.0
17.0
18.0
19.0
20.0
21.0
22.0
23.0
24.0
25.0
26.0
27.0
28.0
29.0
30.0

30.0
35.0
40.0
45.0
50.0
55.0
60.0
65.0
70.0
75.0
80.0
85.0
90.0
95.0
100.0

50 km
Met. Range
6.35E-02
3.98E-02
3.13E-02
2.49E-02

23 km 10 km 5 km
Met. Range Met. Range Met. Range
1.52E-01 3.64E-01 7.39E-01
9.51E-02  3.64E-01 7.39E-01
7.60E-02  3.64E-0l 7.39E-01
5.96E-02 5.96E-02  5.96E-02

Fall-Winter Profiles

2 km
Met. Range
1.86E +00
1.86E + 00
1.86E + 00
5.96E-02

Spring-Summer Profiles

50 km Surface
Met. Range
2.49E-02
1.09E-02
6.13E-03
4.62E-03
3.37E-03
2.19E-03
1.34E-03
9.34E-04

Background
Stratosphere
9.34E-04
7.87E-04
7.14E-04
6.63E-04
6.22E-04
6.45E-04
6.43E-04
6.41E-04
6.01E-04
5.63E-04
4.92E-04
4.23E-04
3.52E-04
2.96E-04
2.42E-04
1.90E-04
1.50E-04
1.15E-04
8.95E-05
6.70E-05
5.20E-05
3.32E-05

Normal
Upper Atmos.
3.32E-05
1.64E-05
7.96E-06
4.00E-06
2.09E-06
1.08E-06
5.75E-07
3.03E-07
1.59E-07
6.91E-08
2.89E-08
1.19E-08
5.07E-09
2.14E-09
9.25E-10

2 to 23 km Surface

Moderate
Volcanic
9.34E-04
1.31E-03
1.70E-03
2.09E-03
2.61E-03
2.74E-03
2.77E-03
2.60E-03
2.33E-03
1.99E-03
1.62E-03
1.28E-03
1.03E-03
8.15E-04
6.25E-04
4.88E-04
3.88E-04
3.03E-04
2.38E-04
1.99E-04
1.17E-04
7.20E-05

Met. Range

5.96E-02
2.59E-02
1.14E-02
4.62E-03
3.37E-03
2.19E-03
1.34E-03
9.34E-04

High
Volcanic
9.34E-04
1.45E-03
1.98E-03
2.78E-03
3.87E-03
5.47E-03
6.67E-03
8.06E-03
9.15E-03
9.41E-03
7.36E-03
4.36E-03
2.31E-03
1.25E-03
7.61E-04
4.96E-04
3.51E-04
2.74E-04
2.15E-04
1.80E-04
1.06E-04
7.20E-05

Extreme

Volcanic
9.34E-04
1.45E-03
1.98E-03
2.78E-03
3.87E-03
5.47E-03
8.64E-03
2.01E-02
5.22E-02
8.55E-02
8.42E-02
7.83E-03
2.68E-03
1.25E-03
7.61E-04
4.96E-04
3.51E-04
2.74E-04
2.15E-04
1.80E-04
1.06E-04
7.20E-05

50 km Surface
Met. Range
2.49E-02
1.39E-02
9,72E-03
8.86E-03
7.35E-03
5.93E-03
3.20E-03
1.72E-03

Background
Stratospheric
1.72E-03
1.14E-03
8.00E-04
6.42E-04
5.17E-04
4.43E-04
3.95E-04
3.82E-04
4.25E-04
5.20E-04
5.82E-04
5.90E-04
5.03E-04
4.20E-04
3.00E-04
1.98E-04
1.31E-04
9.01E-05
6.78E-05
5.18E-05
4.12E-05
3.32E-05

Transition from Volcanic to

Normal
7.20E-05
2.44E-05
7.96E-06
4.00E-06

Extreme
6.50E-05
7.16E-05
6.91E-05
6.57E-05

2 to 23 km Surface

Met. Range
5.96E-02
3.30E-02
1.76E-02
8.86E-03
7.35E-03
5.93E-03
3.20E-03
1.72E-03

Moderate High
Volcanic Volcanic
1.72E-03 1.72E-03
1.75E-03 1.58E-03
2.00E-03 1.80E-03
2.32E-03 2.10E-03
2.65E-03 2.39E-03
2.74E-03 3.09E-03
2.77E-03 4.47E-03
2.60E-03 6.93E-03
2.33E-03 1.03E-02
1.99E-03 1.30E-02
1.62E-03 1.31E-02
1.28E-03 1.00E-02
1.03E-03 6.07E-03
8.15E-04 3.85E-03
6.25E-04 2.05E-03
4.88E-04 1.09E-03
3.88E-04 6.63E-04
3.03E-04 3.81E-04
2.38E-04 2.48E-04
1.99E-04 1.80E-04
1.17E-04 1.06E-04
7.20E-05 7.20E-05
Extreme
Upper Atmos.

2.84E-05

4.23E-05

5.57E-05

6.57E-05

5.01E-05

3.38E-05

2.29E-05

1.61E-05

1.02E-05

6.67E-06

4.28E-06

2.77E-06

1.54E-06

8.26E-07

4.48E-07

Extreme
Volcanic
1.72E-03
1.58E-03
1.80E-03
2.10E-03
2.39E-03
3.09E-03
4.47E-03
6.93E-03
1.09E-02
1.98E-02
4.15E-02
8.55E-02
4.70E-02
5.22E-03
2.05E-03
1.09E-03
6.63E-04
3.81E-04
2.48E-04
1.80E-04
1.06E-04
7.20E-05
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Table 18-10c. Vertical distribution of aerosol absorption(km '1) for a wavelength of 0.550 wm with rural model aerosol boundary layer.

Height 50 km 23 km 10 km 5 km 2 km
(km) Met. Range Met. Range Met. Range Met. Range Met. Range
0.0 2.70E-03 6.45E-03 1.55E-02  3.14E-02 7.92E-02
1.0 1.69E-03 4.04E-03 1.55E-02  3.14E-02 7.92E-02
1.5 1.33E-03 3.23E-03 1.55E-02  3.14E-02 7.92E-02
2.0 1.06E-03 2.53E-03 2.53E-03  2.53E-03 2.53E-03
Fall-Winter Profiles Spring-Summer Profiles
50 km Surface 2 to 23 km Surface 50 km Surface 2 to 23 km Surface
Met. Range Met. Range Met. Range Met. Range
2.0 1.06E-03 2.53E-03 1.06E-03 2.53E-03
3.0 5.38E-04 1.28E-03 6.89E-04 1.63E-04
4.0 3.03E-04 5.66E-04 4.81E-04 8.73E-04
5.0 2.29E-04 2.29E-04 4.39E-04 4.39E-04
6.0 1.67E-04 1.67E-04 3.64E-04 3.64E-04
7.0 1.08E-04 1.08E-04 2.93E-04 2.93E-04
8.0 6.65E-05 6.65E-05 1.58E-04 1.58E-04
9.0 4.62E-05 4.62E-05 8.54E-05 8.54E-05
Background ~ Moderate High Extreme Background Moderate High Extreme
Stratosphere Volcanic Volcanic Volcanic  Stratospheric Volcanic Volcanic  Volcanic
9.0 4.62E-05 4.62E-05 4.62E-05  4.62E-05 8.54E-05 8.54E-05  8.54E-05 8.54E-05
10.0 4.66E-11 7.27E-05 2.46E-04  2.46E-04 6.75E-11 9.75E-05  2.68E-04 2.68E-04
11.0 4.22E-11} 9.44E-05 3.34E-04  3.34E-04 4.73E-11 1.11E-04  3.05E-04 3.05E-04
12.0 3.92E-11 1.16E-04 4.70E-04  4.70E-04 3.80E-11 1.29E-04  3.54E-04 3.54E-04
13.0 3.68E-11 1.45E-04 6.54E-04  6.54E-04 3.06E-11 1.48E-04  4.05E-04 4.05E-04
14.0 3.82E-11 1.52E-04 9.26E-04  9.26E-04 2.62E-11 1.52E-04  5.22E-04 5.22E-04
15.0 3.80E-11 1.54E-04 1.13E-03 1.46E-03 2.34E-11 1.54E-04  7.57E-04 7.57E-04
16.0 3.79E-11 1.44E-04 1.36E-03  3.40E-03 2.26E-11 1.44E-04 L.17E-03  1.17E-03
17.0 3.56E-11 1.30E-04 1.55E-03  8.83E-03 2.51E-11 1.30E-04 1.74E-03  1.84E-03
18.0 3.33E-11 1.11E-04 1.59E-03 1.45E-02 3.08E-11 1.11E-04  2.20E-03 3.36E-03
19.0 291E-11 9.01E-05 1.24E-03  5.79E-03 3.44E-11 9.01E-05  2.21E-03 7.02E-03
20.0 2.50E-11 7.12E-05 7.38E-04 1.32E-03 3.49E-11 7.12E-05 1.69E-03 1.45E-02
21.0 2.08E-11 5.75E-05 3.91E-04  4.53E-04 2.98E-11 5.75E-05 1.03E-03  7.96E-03
22.0 1.75E-11 4.53E-05 2.11E-04  2.11E-04 2.49E-11 4.53E-05 6.51E-04 8.83E-04
23.0 1.43E-11 3.48E-05 1.29E-04 1.29E-04 1.78E-11 3.48E-05 3.47E-04 3.47E-04
24.0 1.12E-11 2.71E-05 8.39E-05  8.39E-05 1.17E-11 2.71E-05 1.85E-04 1.85E-04
25.0 8.88E-12 2.16E-05 5.93E-05  5.93E-05 7.75E-12 2.16E-05 1.12E-04  1.12E-04
26.0 6.80E-12 1.69E-05 4.63E-05  4.63E-05 5.33E-12 1.69E-05  6.44E-05 6.44E-05
27.0 5.30E-12 1.32E-05 3.63E-05  3.63E-05 4.01E-12 1.32E-05  4.20E-05 4.20E-05
28.0 3.96E-12 1.11E-05 3.04E-05  3.04E-05 3.07E-12 I.11E-05  3.04E-05 3.04E-05
29.0 3.08E-12 6.54E-06 1.79E-05 1.79E-05 2.44E-12 6.54E-06 1.79E-05 1.79E-05
30.0 1.96E-12 4.01E-06 4.01E-06 4.01E-06 1.96E-12 4.01E-06 4.01E-06 4.01E-06
Transition from Volcanic to
Normal Extreme
Upper Atmos. Normal Extreme Upper Atmos.
35.0 8.35E-08 1.24E-07  3.64E-07 2.15E-07
40.0 4.05E-08 4.05E-08  3.52E-07 2.83E-07
45.0 2.03E-08 2.03E-08  3.34E-07 3.34E-07
50.0 1.06E-08 2.55E-07
55.0 5.51E-09 1.72E-07
60.0 2.92E-09 1.16E-07
65.0 1.54E-09 8.20E-08
70.0 8.10E-10 5.21E-08
75.0 3.52E-10 3.39E-08
80.0 1.47E-10 2.18E-08
85.0 6.07E-11 1.41E-08
90.0 2.58E-11 7.84E-09
95.0 1.09E-11 4.20E-09
100.0 4.71E-12 2.28E-09
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Figure 18-14. Attenuation coefficients vs wavelength for the rural acrosol
mode! at 50% relative humidity.
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Figure 18-15. Extinction coefticients vs wavelength for the rural aerosol
model for different relative humidities and constant number
density of particles.

RH=507 URBAN, 20,000 PART/CH3
0
IO 1 } U saad.

Y

1
4

107

ATTENURTION CCEFFICIENTS(KM-

1072+ .
]
]
10_1?
_— EXTINCTION
————— SCATTERING
--------- ABSORPT{ON
107" ————rrrrr} et} T
-1 0 1
10 10 10 102

WAVELENGTH ( urm)

Figure 18-16. Attenuation coefficients vs wavelength for the urban aerosol
model at 50% relative humidity.
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Figure 18-18. Attenuation coefficients vs wavelength for the maritime
aerosol model at 50% relative humidity.
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Figure 18-19. Extinction coefficients vs wavelength for the maritime aer-
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Figure 18-20. Attenuation coefficients vs wavelength for the tropospheric
aerosol model at 50% relative humidity.
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Figure 18-22. Extinction coefficients for the different stratospheric aerosol
models (background stratospheric, volcanic, and fresh vol-
canic). The extinction coefficients have been normalized to
valves around peak levels for these models (see also Figure
18-13).

relative humidities between 0% and 99% where the number
density is fixed at 15 000 particles/cm®, which corresponds
to a meteorological range of about 25 km for the dry aerosols
and about 5 km at 99% relative humidity.

The attenuation coefficients for the urban aerosol model
as a function of wavelength are shown in Figures 18-16 and
18-17 for different humidities. The corresponding results
for the maritime and tropospheric aerosol models are shown
in Figures 18-18 and 18-19 and Figures 18-20 and 18-21,
respectively.

The extinction coefficients for the background strato-
spheric and volcanic aerosol models are shown in Figure
18-22. Frequently the ratio of the scattering coefficient to
total extinction k/k. (single scatter albedo) is used as a
measure for the relative contribution of scattering and ab-
sorption to the total extinction. Figures 18-23 through 18-
27 give the single scatter albedo for the aerosol models
discussed above. Notice the rapid change in the relative
importance of aerosol scattering and absorption in the mid-
dle infrared spectral region. This is due to two factors, an
increase in the absorption because of an increase in the
imaginary part of the refractive index in the infrared, and
a decrease in the contribution from scattering as the wave-
length becomes significantly larger than the size of the aer-
osols.
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Figure 18-23. Single scattering albedo for the rural aerosol model for
different relative humidities.
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Figure 18-25. Single scattering albedo for the maritime aerosol model for
different relative humidities.
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Figure 18-27. Single scattering albedo for the different stratospheric aer-
osol models versus wavelength.

There are also some noticeable differences between the
angular scattering functions of these various aerosol models.
Figures 18-28 a, b and 18-29 a, b give examples for two
wavelengths 1.06 and 10.6 wm. Both figures give the phase
function, defined such that the integral from 0° to 180°
becomes 1. For many purposes (see Section 18.5.1) a con-
venient one-parameter representation for the angular de-
pendence of scattering by aerosols is the asymmetry param-
eter g. It is defined as the cosine weighted average of the
phase function P(9):

+1
f 1 cos 0 P(0) d(cos 6)

g = 1 ) (18.22)
f P(6) d(cos )

where P(0) is the differential probability of scattering at an
angle 0. The asymmetry factor for the various aerosol models
is shown in Figures 18-30 to 18-34.

Any quantitative treatment of light scattering must in-
clude the polarization of light since in general light becomes
polarized in the scattering process, and the angular distri-
bution of scattered light depends on the state of polarization
of the light incident on a particle. The degree of polarization
P can vary between —1 and +1 (see Equation (18.18)).
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Figure 18-28. (a) Angular scattering functions of low altitude aerosol
models at 1.06 pwm.
(b) Angular scattering functions of high altitude aerosol
models at 1.06 pm.

Figure 18-35 gives examples of the angular variation of i,
and i,. The polarization of light scattering is dependent on
the particle size and the wavelength of the incident light.

18.2.2 Cloud, Fog, and
Precipitation Particles

Cloud, fog, and precipitation particles are discussed sep-
arately because of their rather unique and special physical
characteristics and life cycle that distinguish them from haze
or acrosol particles. First, their composition is uniform,
either water or ice, or under some circumstances a com-
bination of both. Second, in liquid phase these particles are
drop-shaped, that is, close to spherical. These two char-
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Figure 18-29. (a) Angular scattering functions of low aititude aerosol
models at 10.6 pum.
(b) Angular scattering functions of high altitude aerosol
models at 10.6 pm.

acteristics make modeling of these particles much more
realistic than for aecrosols. Also the formation processes and
life cycle for these particles are better understood than those
for aerosols. For additional information see Chapter 16. A
survey on fog properties was compiled by Stewart and Es-
senwanger [1982].

18.2.2.1 Particle Types, Water-Ice Refractive Index,
Particle Shapes. Liquid, fog, and cloud droplets are the
result of condensation of water vapor on condensation nuclei
(aerosol particles). This condensation occurs at relative hu-
midities near 100% and is dependent on the physicochemical
properties of the condensation nuclei. However, once the
condensation has occurred the effect of the condensation
nucleus on the total droplet properties becomes negligible.
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The concentration and size distribution of fog and cloud
particles depend in a complex way on the existing mete-
orological conditions. If fog or cloud droplets become so
large that atmospheric buoyancy can no longer balance the
gravitational forces, they will fall out as rain.

At temperatures sufficiently below freezing, ice particles
will form. Depending on the conditions, they may be single
ice crystals such as in ice fog or high altitude cirrus clouds,
amorphous ice pellets as in sleet or hail, or complex shaped
snowflakes. If ice particles fall from cold air into warmer
air, their surface may be coated with a water skin. The
refractive index of water at optical and infrared wavelengths
is well known [Hale and Querry, 1973; Downing and Wil-
liams, 1975]; see Table 18-9.

The complex refractive index of ice in Table 18-9 was de-
rived from several sources [Schaaf and Williams, 1973; Irvine
and Pollack, 1967; Grenfell and Perovich, 1981; Hobbs, 1974;
and Warren, 1984|. The detailed procedures were as follows:

A. For the real part of the refractive index:

1. 0.2-0.4 pm: Warren [1984] using the refractive
index of water for guidance.

2. 0.4-0.7 pm: Table 3.1 in Hobbs [1974].

3. 0.7-2.5 wm: interpolation between Hobbs [1974]
data at 0.7 wm and the value of Schaaf and Wil-
liams [1973] at 2.5 wm using a two term disper-
sion equation follows Irvine and Pollack’s [1967]
data between 0.95 and 1.3 um but deviates for
longer wavelengths.

n=159-066] L
| ! |

L | | ! | % j
0° 30° 60° 90° 120° 150°  180° Q° 30° 60° 90°  120° 150° 180°
—-
Figure 18-35. Angular dependence of ij ---, iz... and (i) + i,)/2— for different acrosol particles. n = complex refractive index: a = size parameters.
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4. 2.5 to 25 pm; the measurements of Schaaf and

Williams [1973], since more accurate than any
* available at the time of Irvine and Pollacks’ [1967]
survey.

5. 25-40 pm: Warren {1984].

B. For the imaginary part of the refractive index:

1. 0.2-0.4 wm: Warren [1984|

2. 0.4-0.95 pm: Grenfelland Perovich’s [1981] meas-
urements.

3. 0.95-1.40 wm: a weighted average between
Grenfell and Perovich [1981] and Irvine and Pol-
lack’s [1967] survey.

4. 1.40-2.7 pm: Irvine and Pollack’s [1967] values
were used since these were based on transmission
measurements that are more accurate than the
reflectance measurements of Schaaf and Williams
for weak absorption.

5. 2.7-25 pm: Schaaf and Williams {1973].

6. 25-40 pm: Warren [1984]

Since the original compilation of Table 18-9, a review
of the optical constants of ice has been completed by Warren
[1984]. His values have replaced the preliminary ones for

wavelengths 0.2-0.4 um and 25-40 pm. For most of the
tabulated data (0.4-25 um) the differences are the order of
experimental uncertainties in the refractive index. For wave-
lengths outside this range, see Warren [1984).

Cloud and rain drops can be considered more or less
perfect spheres. The shape of single ice crystals, although
variable depending on conditions, is fairly well known.
Under most conditions, simple snow crystals have an ap-
proximate hexagonal symmetry; however, size and shape
(habit) are influenced by the temperature and humidity con-
ditions extant during their formation and growth. The stan-
dard classification scheme is that of Magono and Lee [1966],
who describe 80 crystal types and combinations. Further
complicating the picture is the essentially infinite variety of
agglomerates (what most people refer to as “flakes”) that
can exist, and the fact that any of the basic crystals can be
modified by the attachment of super-cooled drops in a pro-
cess called riming. For a more detailed discussion of crystal
formation and habit, see Chapter 16.

18.2.2.2 Size Distributions. There have been extensive
measurements of the the size of fog and cloud droplets.
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Figure 18-36. Particle size distributions for sclected times during snowstorms on 22 January and 8 February 1981 near Burlington, Vermont. Each
distribution is for a S-minute sample period taken with an optical array probe |Berger, 1983].
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Sufficient data exist to differentiatc between drop size dis-
tributions for different types of fogs and clouds. Drop sizes
from | to 100 wm can occur; the smaller sizes (1-10 pm
range) are found in fogs and stratus type clouds, the larger
sizes in convective clouds with strong updraft. Ice crystals
in clouds (or ice fog) may be as small as a few micrometers
although the size of cirrus cloud particles is more typically
of the order of 0.5 to I wm. Rain drops are distinguished
from cloud drops only by the fact that they have grown
large (heavy) enough to fall to the surface of the earth (that
is, to precipitate out). Rain drops may be as large as 5 mm,
larger drops have an increasing tendency to break up. Snow
flakes present an interesting problem with regard to optical
effects because of their extremely complex shapes and di-
mensions. Various data (such as Lo and Passarelli {1982];
Berger [1983]; and Gray and Male [1981]) suggest that a
“typical” snowfall consists of particles ranging from single
crystals 0.1 mm (100 wm) or smaller to agglomerates several
millimeters in diameter.

There is little information on the exact nature of the size
distributions. Lo and Passarelli [1982] assumed a simple
exponential form and found average diameters of 0.5 to 2
mm for several aircraft measurements using optical array
probes. Ground-level measurements with aspirated optical
array probes by Berger [1983] and Formvar replicating data
of Koh and O’Brien [1982] show a wide range of size
distributions; typical examples are shown in Figure 18-36.
The reasons for this wide variation are not clearly under-
stood, though ongoing modeling work by Martinez-Sanches
et al. [1983] is beginning to unravel some of the causes.

18.2.2.3 Cloud-Precipitation Models. Cloud and fog
drop size distributions have been modeled by several re-
searchers. Most commonly used are the models given by
Deirmendjian [ 1969] for cumulus clouds and Silverman and
Sprague [1970] for a number of fog types and several types
of clouds. Table 18-11 is based on Silverman’s compilation.
The distribution functions for models 1-12 are shown in
Figures 18-37 through 18-39. Advective fog is produced by
the transport of moist air over a colder surface resulting in
the cooling of the surface layers below their air dew points
with condensation taking place in the form of fog. Most sea
fogs arc advective. Both the size range of particles and the
liquid water contents are large (sec Models 1 and 2, Table
18-11). Radiative fog is produced when stagnant moist air
becomes progressively cooler during the night due to ra-
diative cooling. This type of fog has both a small size range
of particles and a small liquid water content.

Cloud droplet size distributions are more difficult to
model. However, the optical thickness of most clouds is so
large that their transmittance at visible and infrared wave-
lengths becomes completely diffuse due to multiple scat-
tering (see Section 18.5.1).

The size distribution of rain drops is best expressed in
terms of rain rate, since this is the quantity usually measured
by the weather services. This formulation goes back to ex-
perimental work by Laws and Parsons [ 1943] and Marshall
and Palmer [1948]. According to their work the number of
drops of diameter D can be cxpressed as

N = N, exp(—a - D)

The majority of the distributions peak between 0.2 and 0.5 where N, = 0.08 ¢cm ™! (18.23)

mm. The area-weighted average radius, the size measure

with the most influence on extinction, is generally in the and a =4l R "em™

range 0.1 to 0.3 mm. with R being the rain rate in mm/hr.

Table 18-11. Cloud models: drop size distributions and liguid water contents.

n(r) = ar”exp|—brl
Model
Cloud Type Number fx b No (cm™) a M(g/m*)

Heavy Advection Fog 1 3 0.3 20 0.27 0.37
Moderate Radiation Fog 2 6 3.0 200 607.5 0.02
Cumulus 3 3 0.5 250 2.604 1.00
Altostratus 4 5 I.11 400 6.268 0.41
Stratocumulus 5 5 0.8 200 0.4369 0.55
Nimbostratus 6 1 0.333 100 11.089 0.27
Stratus 7 3 0.667 250 8.247 0.42
Stratus 8 2 0.6 250 27.00 0.29
Stratus-Stratocumulus 9 2 0.75 250 52.734 0.15
Stratocumulus 10 2 0.5 150 9.375 0.30
Nimbostratus 11 2 0.425 200 7.676 0.65
Cumulus-Cumulus Congestus 12 2 0.328 80 1.4115 0.57

M ="Liquid water content

N, = Total number of particles per unit volume
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Figure 18-37. The drop size concentration (cm™ pum™) to particle drop
radius (um) for fog models 1-2 in Table 18-11.

This relationship is strictly empirical and does not explain
the physical significance of the distributions.

18.2.2.4 Extinction, Scattering, Polarization. The at-
tenuation coefficients for the fog models given in Section
18.2.2.3 are presented in Figures 18-40 and 18-41. For the
droplet concentrations given in Table 18-11 (20 and 200 for
Model 1 and 2, respectively), the resulting meteorological
ranges (visibility) are 130m and 450m. However, the models
can be scaled to visibilities from less than 50m to over 1
km. The extinction coefficients for different cloud models
are shown in Figures 18-42 and 18-43. The single scatter
albedo and the asymmetry parameters are given in Figures
18-44 through 18-49 to describe further the scattering prop-
erties of fogs and clouds. Because of the much larger size
of fog and cloud droplets compared to aerosol (haze) par-
ticles, the polarization of light scattered by these particles
is very small and has little practical importance.

No theory presently exists to calculate exactly the ex-
tinction coefficient for complex shapes such as snow crys-
tals. Mie theory in the geometric limit (the minimum Mie
size parameter at 10 wm wavelength is about 30) suggests
that extinction in snow (and rain) should be ncarly inde-
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Figure 18-38. The drop size concentration (cm™ wm™') to particle drop
radius (pwm) for cloud models 3-7 in Table 18-11.

pendent of wavelength in the visible and infrared. Trans-
missometer measurements over the past few years by a
number of investigators [summarized by Seagraves and
Ebersole, 1983], however, have found that the measured
infrared extinction coefficient varies from 1.0 to 1.45 times
that in the visible, gencrally increasing with wavelength,
and depending somewhat on the type of instrument used.

Mill and Shettle [1983] have shown that most of the
apparent wavelength dependence can be explained by in-
strumental effects. The scattering phase functions of par-
ticles that are large compared to the wavelength are char-
acterized by extremely narrow forward lobes due to Fraunhofer
diffraction. For snow crystals with average areas equivalent
to a sphere of 0.1 to 0.3 mm radius. this peak is comparable
to the field-of-view (FOV) of typical transmissometer re-
ceivers. Therefore, for a given transmissometer FOV, the
longer the wavelength the less forward-scattered radiation
1s sensed resulting in a lower “apparent” transmission. The
relationship between the measured transmittance v and the
true radiance transmittance 7 is given by [Mill and Shettle,
1983

™ =11 + D'ln 1) (18.24)
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Figure 18-39. The drop size concentration (¢cm™ wm™) to particle drop
radius (um) for cloud models 8—12 in Table 18-11.

where
& o Ji[x sin (8" + ¢')] )2
[)’ — ZJH Jﬁ ! f ’ ’ I
1 { xsin (8 + &) (07) do'do> f
(18.25)
f = half angle of receiver field of view
¢ = half angle of source
x = 2 t/\, the particle size parameter
r = particle radius
A = wavelength
J, = Bessel function of the first kind, first order, and

f(8) = relative response of the detector over the FOV.

(= 1 for flat detector response)

This equation assumes that multiple scattering is negligible,
6 and ¢ are small (less than 5°), the phase function is
adequately represented by the Fraunhofer diffraction, and
the size distribution can be represented by a single effective
scattering radius. Values of D' have been tabulated [Shettle

FOG MODEL 1
102 =
-
=
h -
2 10ty i
z T
i :
— :
(@)
e 0 !
w 10 7
o
(@]
prd
un}
—
[and 'O_l”
a ¢ eXTINGTION
s 1 i SCATTERING
zZ A s e, RBSORPT 0K
wl
F—
'—
@ K
107 vt e e
-1
10 10° 10! 102

WAVELENGTH (m)
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et al., 1985] for various 8, ¢, and x’s and are surimarized
in Table 18-12. To use the table, calculate the two table
parameters as follows:

Max (8, ¢)/Min (0, ¢) (18.26)
x * Min (0, ¢), where 8 and ¢ are in radians,

<
il

where the expression Max means use the largest of the
arguments in the parentheses. Similarly, Min means use the
smallest. Max and Min are, respective y, the larger and
smaller of the two arguments. A comparison of uncorrected
and diffraction-corrected measured transmittances is shown
in Figures 18-50 and 18-51. Seagraves.[1983] has compared
measured visible and 10.5 wm transmittances to thosé‘ cal-
culated from geometric optics theory. The calculations as-
sumed a modified gamma size distribution of particle sizes
between 84 and 761 um radius based on replicator data,
and ,u'se_d the airborne snow mass concentrations measured
by CRREL [see Lacombe, 1983]. These studies strongly
suggest that the extinction coefficient in snow is very riearly
wavelength independent in the visible and infrared, though
particle shape may have a small effect below the resolution
of the measurement precision and cannot be ruled out.
Studies by a number of investigators have addressed the
question of the relationship between snow fall rate and ex-
tinction. Results summarized in Figure 18-52 vary widely
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Figure 18-42. Extinction coefficients for stratus cloud models 5, 7, 8, 9,
10 (Table 8-11).
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STRATUS TYPF CLOUD MODFLS

] . O - 1 7 T
o 0.8
L
FA
L
>
o
v 0.6
<C
0.
}
0
0.4 T
(W]
>
>
>-
s STRATOCUMULUS
R RATOCUMULUS 5
- 0.2 | ----- STRATUS MODEL 7 =+
""""" STRATUS MODEL 8
e e ST/SC MODEL 9
—— . —  STRATOCUMULUSIO
0.0 et b——
107! 10° el 10° 10’

WAVELENGTH (pem)
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Table 18-12. Forward scattering correction factors D’ (x, 8, &) for a
transmissometer with flat receiver field of view, where p =
max (0,4)/min (8,d) and v = x — min (8/¢), for 8 and
& in radians.

p|100.00 50.00 20.00 10.00 5.00 2.00 1.00

0.04| 0.016 0.015 0.008 0.004 0.002 0.001 0.000
0.06] 0.025 0.024 0.016 0.009 0.004 0.002 0.001
0.10] 0.041 0.040 0.036 0.023 0.012 0.005 0.002
0.15] 0.061 0.060 0.059 0.046 0.026 0.011 0.006
0.20| 0.080 0.080 0.078 9.070 0.045 0.019 0.010
0.30] 0.116 0.116 0.115 0.113 0.089 0.042 0.022
0.40| 0.150 0.150 0.149 0.146 0.133 0.072 0.038
0.60] 0.210 0.210 0.210 0.208 0,204 0.143 0.081
1.00} 0.304 0.304 0.304 0.303 0.299 0.276 0.189
1.50| 0.378 0.378 0.378 0.378 0.376 0.364 0.310
2.00| 0.418 0.418 0.418 0.418 0.417 0.405 0.381
3.00! 0.446 0.446 0.446 0.446 0.446 0.440 0.423
4.00| 0.455 0.455 0.455 0.455 0.455 0.452 0.438
6.00] 0.468 0.468 0.468 0.468 0.468 0.468 0.461
10.00| 0.475 0.475 0.475 0.475 0.475 0.475 0.474
20.00| 0.476 0.476 0.476 0.476 0.476 0.476 0.476
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! SNOW-ONE- A TRANSMITTANCE
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Figure 18-50. Transmittance in the visible, 3-5 pm and 8-12 um bands
during a 31 January 1982 snowstorn near Burlington, Ver-
mont. The apparent increasing extinction with wavelength
is typical of measurements in snow [Mill and Shettle, 1983).

due perhaps to both measurement error, particularly in the
snow rate data, and to crystal habit or size distribution.
Recent results of Lacombe [1983] show that for a given
airborne snow mass concentration visible extinction de-
creases with increasing riming (Figure 18-53) and appears
to be greater for plate-like crystals (spacial and plane den-
dritic, broad branched crystals and plates) than for the more
compact types (columns, bullets, side planes, needles and
assemblages of plates).

The most extensive set of snow phase function mea-
surements have been made at Michigan Technological Uni-
versity [Winchester et al., 1981]. A typical example is shown
in Figure 18:54, These measurements are of high angular
resolution but required one to two hours per pha%e function,

SNOW-ONE-A TRANSMITTANCE

0.9 | DATE: 31 JAN 82
TIME: 1530 - 2000
0.8 I CORRECTED

TRANSMITTANCE

[+] 30 60 80 120 150 180 210 240 270
TIME IN MINUTES AFTER 1530

Figure 18-51. Data from Figure 18-44, corrected for forward scatter into
the transmissometer field of view, assuming an effective
scattering radius of 0.2 mm. Residual wavelength depen-
dence may be due to multiple scattering or shape effects.
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EXTINCTION vs SNOWFALL RATE
FOR DIFFERENT MODELS

¥ T T T T
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2 3 4
PRECIPATION RATE (mm hrl
(EQUIVALENT LIQUID WATER)

Figure 18-52. Models of visible extinction coefficient versus equivalent
snow fall rate. Curve R is for rain while the others are for
snow as measured by various investigators [Mason, 1978].
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Figure 18-53. Relationship between airborne snow concentration and 0.55
wm extinction for 3 degrees of riming. Data are from SNOW-
ONE-A. Curves are power Jaw fits within each category.
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Figure 18-54. Phase function of falling snow measured in Houghton,
Mississippi on 26 January 1981 with a polar nephelometer
[Winchester et al., 1981]. The dominant crystal was a six-
sided dendritic of about 2 mm diameter. Circled points are
data from the 31 January 1982 SNOW-ONE-A episode
averaged over the 1530-2000 period. Data were taken each
minute with a fixed-angle nephelometer at 30°, 110°, and
150° scattering angles.

raising the question whether they represent any one snowfall
“type”. Measurements made by AFGL are also shown in
Figure 18-54. They were made simultancously at three fixed
angles and are shown normalized to the Winchester data at
30° they show good agreement in relative scattered inten-
sity. An absolute comparison is not possible since Win-
chester’s data are not normalized to total extinction,

18.3 SURFACE REFLECTANCE
AND ALBEDO

A fraction of a light beam that is incident on the earth’s
surface or on clouds will be reflected back into the atmo-
sphere where it may undergo fturther scattering and absorp-
tion. Surface reflectance conscquently affects sky radiance
seen from the ground. the radiance of the atmosphere as
seen from space, and other atmospheric optical quantities
(see Section 18.5). The percentage of light reflected from
natural terrain or water surfaces varies with angle of inci-
dence and look angle and is also a function of the wavelength
of the radiation. Dectails of these reflection processes, es-
pecially laboratory measurements on surfaces, are often treated
by the bidirectional reflectance function (BDRF), while in-
tegral reflection effects——for example the brightness of a
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planet—are usually characterized by “albedo”. For mirror
surfaces (specular reflection), the incident and reflected beam
and the normal to the surface at the point of incidence lie
in the same planc; the angle between the normal and the
direction of incidence and between the normal and the re-
flected beam are identical.

A brief derivation of the BDRF following Nicodemus
[1967] and Leader [1979] will now be given. The radiant
power incident on a surface element dA through a beam of
solid angle d€); (from polar angle 8, azimuth angle &) is

d P, = N; dA dO; | (18.27)
where N, is the radiance (W cm > sr™") and dQ'; = cos 6;
d€); is the projected solid angle. The radiant power reflected
into d{), is

d P, = dN, dA dOY', . (18.28)
Thus the ratio of the radiant power is
d P, d N,
— = — dQ', = " dgY, 18.29
dP; N, d ' [ ( )

' (0,, db;. 9,, d,) (sr!) is called the bidirectional reflectance
function (BDRF). This definition is especially useful for
narrow (collimated) illuminating beams (sun, laser). If the
incident radiance comes from all directions of the hemi-
sphere, then

21 w2
N, = f f f'" N;sin 6 cos 8 d 6dd. (18.30)

A perfectly diffuse reflector is characterized by a con-
stant f' in all directions. If such a surface is diffusely ir-
radiated and the reflected radiance in any direction is meas-

ured, the directional reflectance is fy; = w ' [dimension-
less|. Hence, the BDRF of a refiection standard (barium
sulfate) with ;4 = Lis {7 = /7.

Comparison of incoming and outgoing shortwave ra-
diance of the carth’s surface or the earth’s atmosphere in
the simplest way is made by a ““flat” receiver turned up (for
downwelling radiation) and down (for upwelling radiation).
The ratio of the fluxes, P 1 /P | , is often called albedo or
diffuse reflectance.

Eaton and Dirmhirn [1979], for example, have made
measurements of BDRFs and albedo of several surfaces for
shortwave radiation (0.3-3 wm). Those of a salt flat and a
field of corn arc shown in Figure 18-55 for two solar ele-
vations. Due to the anisotropy, the nadir values mf’ of the
BDRF are to be multiplied by a factor F to obtain the albedo.
At low solar elevation angles, I is generally >1, but sur-
faces with vertical structurc may make F <1 at high sun
(when partial shadowing occurs).

Spectral reflectance from 0.2 to 4um for several surface
types is given in Figures 18-56 through 18-58 {Suits, 1978].

18-36

SALT FLAT
1.04

10° a4° 6 50°
SOLAR ELEVATION

Figure 18-55. Bidirectional reflection function of Bonneville, Utah, Salt
Flat (left) and a corn field (right), each for a low and a

high solar clevation. F(mf")nair = albedo for a horizontal
receiver. Spectral range 0.3 to 3 wm [Eaton and Dirmhirn,
1979].
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Figure 18-56. Typical spectral diffuse reflectance of snow, ice, soil, and
vegetation after Suits [1978, Figure 3-19].
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Figure 18-57. Nadir reflectance R 0.4-0.7 pm of some water bodies.
Measured value taken from Tyler [ 1978, calculations from
Suits [ 1978, Figure 3-124].
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Figure 18-58. Variation with nadir look angle of specular reflectance R
of smooth water surface and surface roughened by a beau-
fort 4 [Suits, 1978, Figure 3-114].

Further examples, citations, and references to data files can
be found in Suits [1978]. Fitch {1981] made a theoretical
study of the polarized radiance (at 0.4 and 0.6 pum) from
the top of the earth’s atmosphere for different surfaces and
aerosol conditions.

18.4 ATMOSPHERIC TRANSMITTANCE
AND RADIANCE

18.4.1 Monochromatic Radiation.

For many purposes, knowledge of the monochromatic
optical depth for a specific optical path in the earth’s at-
mosphere is required. The type of calculation necessary to
obtain this information is referred to as a line-by-line cal-
culation since it takes into account the contribution of each
spectral line to the monochromatic absorption. Conse-
quently, line by line calculations require detailed knowledge
of the spectral line parameters associated with each contri-
buting transition. Such computations, performed over an
extended wavenumber interval (of the order of 100 cm™),
may require significant computational effort. Several meth-
ods for performing such computations have been discussed
in the literature. Some are particularly suitable for special-
ized calculations [Scott and Chedin, 1981; McMillin et al.,
1976; Kunde and Maguire. 1973], some make approxi-
mations that in certain cases may be acceptable [Karp, 1973,
Mankin 1979], and others are accurate and direct but not
computationaily efficient {Susskind and Searl, 1978]. At

AFGL a computational model, FASCODE (Fast Atmo-
spheric Signature Code), has been developed and made
available to the scientific community. Line-by-line calcu-
lations are discussed in the following section in the general
context of atmospheric calculations and the FASCODE model
[Clough et al., 1981; Smith et al., 1978]. Specific details
of the model are not discussed, but arc available in the
literature [for example, Clough and Kneizys, 1979; Clough
et al., 1977}. A general reference covering the topic of
atmospheric molecular.absorption that the reader will find
particularly useful is the work by Goody [1964].

18.4.1.1 Line-by-Line Computations (FASCODE). The
monochromatic optical depth, k(v), at wavenumber value
v(cm™), assuming superposition of the contribution from
the individual spectral transitions, is given by

1 . e—rhcv/k’l‘

1 + efhcv/k'l‘

X 3 W(my) S(T) [fw.w) + (v, —v)]

l~((v) =y
(18.31)

where W(m;) (mol/cm?) is the column density for the mo-
lecular species, m;, involved in the i transition, v; is the
transition wavenumber and S;(T)(1/mol/cm?) is the intensity
at temperature T (K) appropriate to the FASCODE line
shape, f(v, v;) (I/cm™). We note that W(m;) = p(m))l for
path length | and molecular density (p(my;). This line shape
formulation is an extension of that used by Van Vleck and
Huber [1977] and discussed by Clough et al. [1980; 1983].
Equation (18.31) may be conveniently rewritten in terms of
the radiation field dependent term v tanh(hcv/2kT) to obtain

k() = v tanh(hcv/2KT;)
X S W(my) $(T) [f(v,v) + f(v, = )]

(18.32)

The intensity, S;, is expressed in terms of the transition
strength |w?| debye?, as

- 8 3 X 10—3()
S(T) = Tt
3he

X “le‘ <I + e~hcv‘/k'[‘>

~heEykT

(18.33)

¢

QV(n]i’T)QR(miaT)’

where Ei(cm™) is the lower state energy for the transition
and Qv(m;T) and Qp(m;,T) are the vibrational and rotational
partition functions for the appropriatc molecular species,
m;. In terms of the intensity definition, Si(T), used for the
AFGL line compilations {Rothman et al., 1983a,b; Mc-
Clatchey et al., 1973] we have the relationship
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1 + efhcvi,/k'l‘

v (] — e hv:vi/k'l">

The line shape function must satisfy the normalization con-
dition,

Si(T) =

Si(T). (18.34)

fx dv [f(v,v) + f(v,—v)] = 1, (18.35)

As a result, the expression for optical depth, Equation (18.32)
satisfies two important conditions: the Nyquist condition,

= k(v) B R
L v anh (hew/2KT) 2w

v

(18.36)

that is, the preservation of transition strengths; and the con-
dition that radiation balance be satisfied between emission
and absorption for a system in thermal equilibrium.

The line shape function f(v,v,;) is dependent on molecular
species, broadening density, and temperature. For colli-
sional broadening in the impact limit, the form factor is
given by
of

1
) = L= @

(18.37)

where o€ (cm™) is the collision broadened halfwidth at half
maximum (HWHM). It proves convenient for computational
purposes to define a dimensionless parameter z such that

g = —— U (18.38)

of

Thus, f(v,v;) becomes f(z) = (1/a) L(z) where

|
L(z) = — .
@ w1l + z°

(18.39)
The functional dependence of L(z) is shown as function L
in Figure 18-59a.

The dependence of the collision broadened halfwidth on
the number density. n, and temperature, T, of the absorbing
media is given by the relation,

af (n,T) = of (n/n,) (T/T,) *T (18.40)
where «;" is the collision halfwidth at reference number
density n, defined for 1013 mb and reference temperature
T, (296 K). The quantity X, characterizing the temperature
dependence of the halfwidth, typically ranges between 0
and 0.5, depending on molecular species and temperature.
Classical collision theory gives a value of 0.5 for X. Values
of Xy appropriate to each molecule type are stored in the
program.
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Figure 18-59. (a) The line shape profile appropriate for collisional broad-
ening.
(b) The line shape profile appropriate for velocity broad-
ening.
(¢) The function utilized in FASCODE for the construction
of the Voigt line profile.

The extensive computational effort required for atmos-
pheric line by line calculations is a result of three principal
factors: the large number of spectral lines contributing to
the absorption, the small sampling interval necessary to
model the attenuation at higher altitudes and the slow con-
vergence to zero of the Lorentz function given in Equation
(18.39). The latter consideration has been treated through
the algorithms utilized in FASCODE and the details have
been made available in the literature. A computational sav-
ings of sixteen is achieved over direct methods for a spectral
interval of 512 halfwidths.

For the Doppler regime, in which velocity broadening
dominates, the line shape is

1 /In2\" v — 1\’
fv, vy) = D\ exp [ —In2 e )

(18.41)
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Letting

Vv = v
t= s (18.42)

then f(z) = (1/aP) G(z) where
12
G(z) = (1;_2) exp [ — (1n2)(z?)]. (18.43)

The functional dependence of G(z) is Gaussian and is shown
in Figure 18-59b. The Doppler halfwidth (HWHM) is given

by
V; kT 2
ab = % [2(1n2) —} (18.44)

M/N,

where M is the gram molecular weight of the molecular
species of the transition and N,, is Avogadro’s number.

In the intermediate regime between collisional broad-
ening and velocity broadening, the line shape is obtained
from the convolution of the collisional and Doppler line
shape giving the Voigt line profile. The computation of the
Voigt line shape using a direct approach is too time con-
suring for general utilization. These direct methods gen-
erally give results to significantly higher precision than the
uncertainty in the line parameters and the uncertainty in the
line shape itself. An effective approximation to the Voigt
line shape may be obtained by using an extension of the
method proposed by Whiting [1968]. A Voigt parameter,
g, is defined in terms of the collisional and Doppler widths

aC
= — 18.45
¢ at + af ( )

for which £ = 0 in the Doppler limit and { = 1 in the
collision broadened limit. For { = 0.5 the collision and
Doppler widths are equal. The Voigt width o¥ (HWHM) is
obtained through the relation

o’ = A0 (@® + ). (18.46)

The function A,(£) shown in Figure 18-60 is obtained from
the relations given by Kielkopf [1973] where

1 +
AD = (0 — Sy [u:)?

1 g\’ e
< 5 ) +l~(1c>2],

with € = 0.0990 1n2. An appropriate Voigt line shape,
V({,z), is given as

(18.47)

V(l.2) = CQ L (2) + C(D) G (z)

+ C,(0) Ve(z), (18.48)

ZETA

Figure 18-60. The constant relating the Voigt width to the sum of the
Doppler and collision widths: collision broadened width
over the doman 0.5.

where z is defined as
z = —H (18.49)

The function Vg(z) is an analytic function having the de-
pendernce on z shown in Figure 18-59¢. The constants C.(0),
Cp({), and C.({) are determined from least square fits of
V(L,z) to the exact Voigt function. The Voigt line profiles
for four values of { and the FASCODE approximation,
V(¢,z), are shown in Figure 18-61. The computational sav-
ings using this approximate approach is on the order of 100
compared with direct methods. The largest error, ~3%,
occurs for { = 0.05 at a value of z corresponding to 16
halfwidths from line center at which the function is four
orders of magnitude less than the peak value.

18.4.1.2 Continuum Absorption. FASCODE includes
continuum contribution from self and foreign density de-
pendent water vapor absorption, foreign density dependent
carbon dioxide absorption, and the collision induced band
of nitrogen. A more extensive treatment of the approach
used in FASCODE in which the continua are developed
from the wings of strong lines appears in the literature [Clough
et al., 1980 and 1983]. For atmospheric applications it is
advantageous to express the density dependence in terms of
a self and foreign component. The continuum contribution
to the optical depth, k¢, is given by the expression

ke = W v tanh(hcv/2kT) (18.50)

x [(nh/n(o C(v,T) + (n/n,) C,-w,T)],

where W is the column density of the absorbing molecular
species, (ny/n,) and (ny/n,,) the number density ratios for the
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Figure 18-62. The self density dependent continuum values C, for water vapor as a function of wave number. The experimental values are from Burch
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self and foreign continuur, and C, and C; [(cm™ mol/cm?)™]
the wavenumber dependent continuum absorption parame-
ters for the self and foréign components. The density ny is
the density of the absorbing molecular species and n; is the
density of all other molécular species; consequently, n, + n¢
represents the total density. The quantity, n,, is the reference
number densjty defined at 1013 mb and 296 K. In some
cases the dependence of C on temperature is not known.
The present formulation has the advantage that the contin-
uum contribution to the optical depth decreases with in-
creasing temperature through the number densny ratio term.

The quantmes C, and C; for water vapor and C; for carbon
dioxide are stored in the program for the spectral range 0
to 20 000 cm™'.

The yalues for Cs for water vapor at 296 K are shown
in Figure 18-62 together with the experimental values ob-
tained by Burch [Burch and Gryvnak, 1978 and 1979; Burch
et al., 1971; and Burch, 1970]. The 260 K result was ob-
tained by extrapolating the fits to the 353 K and 296 K data
of Burch. The results for the three temperatures are shown
in Figure 18-63. The strong'temperatufe dependence of the
self density dependent water vapor continyum is treated by
using exponential interpolation of the 260 K and 296 K
values.

Only values near room temperature are available for the
foreign dependence of the water vapor continuum. The con-
tinuum values C; at 296 K are shown in Figure 18-64 and
have been obtained by a fit to the data of Burch. There is
considerable uncertainty in the values for the spectral win-
dow regions at 1000 and 2500 cm™',

For nitrogen, continuum values at 296 K are included
in FASCODE for the collision induced absorption band at
2350 em™. For this case C, is taken to equal Cy, so that
the effect is dependent on the total density.

18.4.1.3 Radiance and Transmittance for Atmospheric
Paths. The layering of the atmosphere is primdrily de-
pendent on two considerations: the ratio of the Voigt widths
at the layer boundaries and the temperature across the layer.
The Voigt width as a function of altitude for the U.S. Stan-
dard Atmosphere is shown in Figure 18-65. The sampling
interval, DV, for FASCQODE is indicated on the figure where
nominaily DV = «“/4. All calculations are performed com-
mencing at the lowest altitude involved in the problem.
Consequently the sampling interval decreases monotonically
in the altitude regime for which collisional broadening pre-
dominates and becomes essentially constant at altitudes for
which the Doppler broadening is dominant. This method of
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Figure 18-64. The foreign density dependent continuum values C; for water vapor as a function of wave number. The experimental values are from Burch

[1981].
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performing the calculation ensures that the minimum amount
of information is handled at any given stage of the calcu-
lation. Figure 18-66 shows the Voigt parameter, {, as a
function of altitude for the U.S. Standard Atmosphere.

The atmospheric layering is performed by program
FSCATM ([Gallery et al., 1983]. For specified boundaries
and geometric parameters, the program computes the col-
umn densities and the density weighted temperature and
pressure for each layer. Alternatively, the maximum ac-
ceptable ratio of Voigt line widths for the layer boundaries
and the maximum temperature differential across the layer
may be selected to perform the atmospheric layering. These
two parameters are directly related to the accuracy of the
radiance and/or the transmittance result.

FASCODE operates in either of two modes: optical depth
or radiance/transmittance. In the optical depth mode, the

{KM)

ALTITUDE

ZETR

Figure 18-66. The Voigt parameter e as a function of aititude for the U.S.
Standard Atmosphere.

recursion relation for the accumulated optical depth, K¢,
after € layers is expressed as

Ke = Kooy + ke (18.51)
where k, is the optical depth for layer € and K, = 0. This
relationship is implemented layer by layer to obtain the total
optical depth for the path.

For the radiance/transmittance mode, the radiant inten-
sity, I (W cm™ sr™'/em™), originating in layer €, is ex-
pressed as

e = (1 = 7,) B(Ty), (18.52)
where 7, is the transmittance and B (W cm™ sr™'/em™) is
the Planck black body function at temperature T, for the
layer. Since all calculations are performed from lower to
higher altitudes, different recursion algorithms are required
for the looking down, the tangent path, and the looking up
geometric situation. For the looking down geometry, we
obtain the recursion relation for the contribution of the cur-
rent layer € to the upwelling radiation as

Ie = 710 Loy + (1 — 7¢) B(Ty) (18.53)

with the condition that I, the boundary radiance, is

I, = & B(T,), (18.54)
where T, is the boundary temperature and €, the boundary
emissivity. The transmittance relationship for this case be-
comes

Tg = Ty T(zAl (1855)
where T is the total transmittance after layer €.

For tangent path geometry with symmetry about the
tangent height, we obtain the recursion relations

Le =7 Loy + (1 + 7 Teoy) (1 — 74y) (B(Te)
(18.56)
for the radiance with I, = 0 and
Te = 1¢Te (18.57)
for the transmittance with 7, = 1. This algorithm for the

tan-

gent path case involves only a single line-by-line calcula-
tion for each layer and enables this case to be handled consis-
tently with the other cases, that s, the calculation commences
with the tangent layer and proceeds to higher altitudes.

For looking up geometries, the recursion relation for the
downwelling radiance is
Le=1L_y +Tey (1 — ) B(Ty (18.58)
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with I, = 0 and for the transmittance

Ty = 1o Ty (18.59)
with 7, = 1. These algorithms are implemented layer by
layer starting with the initial layer at the lowest altitude and
proceeding to the higher altitude.

In Figure 18-67 we show the comparison of a FASCODE
calculation with experimental results obtained by Rice and
Ade [Rice and Ade, 1979] in the millimeter spectral region.
The data were taken with an interferometer measuring the
downwelling radiance at the ground from which atmospheric
transmittance was inferred. The calculation was performed
with a two layer atmosphere and the water amount given
by the measured amount for the Rice and Ade experiment.
In Figure 18-68 we show the results for a fifteen layer
calculation with a geometry in which the observer is at 100
km looking through a 15 km tangent height. Figure 18-69
shows an expanded view of the Q branch region shown in
Figure 18-68. The radiance calculation is plotted in terms
of equivalent black body temperature.

18.4.2 Broad-Band Radiation

Band models assume an array of lines having chosen
intensities, half-widths, and spacings which can be adjusted
to represent the molecular line structure in some part
of a real band. For a particular band model, the mean trans-
mittance can be represented by a mathematical expres-
sion (transmittance function) expressed in terms of pressure,
temperature effective path length (or absorber concen-
tration), and one or more frequency dependent absorption
coefficients.

Several band models have been developed [see Goody,
1952 and 1964; Elsasser, 1942; Plass, 1958; King, 1964;
and Wyatt et al., 1964]; the Elsasser and Goody models
being the most well known. The Elsasser band model con-
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Figure 18-67. Spectral transmittance inferred from a radiance measure-
ment looking up from the ground. The symbols o are the
data of Rice and Ade [1979], and the continuous curve is
a two-layer FASCODIB calculation.
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sists of an array of equally spaced identical lines of Lorentz
shape. This model has been applied to absorption bands that
have a regular line structure, for example, to some bands
of CO,, N,O, CO, CH,, and O,. The Goody model, on the
other hand, assumes that the band is composed of spectral
lines with an exponential intensity distribution and with
random spacing between lines. Again the lines are assumed
to have a Lorentz shape. This model has generaily been
applied to bands that have an irregular line structure, for
example, some H,O and O, bands.

In practice the wavelength dependent absorption coef-
ficients are determined for each absorbing gas separately
using laboratory transmittance values measured under known
conditions. The absorption coefficients obtained in this way
are then used in the band model transmittance function to
determine the average transmittance for each absorber as a
function of frequency for other values of path length and
pressure. Finaily, the total mean transmittance for molecular
absorption is given by the product of the mean transmit-
tances of the individual absorbers at each frequency.

Exact analytical expressions have been obtained for most
of the band models. However, they are sometimes difficult
to use and simpler approximations have been found to apply
in two limiting conditions common to all band models.
Those simpler expressions are the well known “weak line”
and “strong line” approximations [see Goody, 1964, and
Plass, 1958] for which the transmittance is a function of the
absorber amount, and the product of the pressure and ab-
sorber amount, respectively (for a given temperature).

The weak line approximation, which corresponds to the
exponential law, is valid when the absorption is small at
the line centers (generally for high pressures and low ab-
sorber amounts). Unfortunately this case is rarely applicable
to conditions existing in the terrestrial atmosphere. The strong
line approximation is applicable where the lines are com-
pletely absorbing at their centers; the effect of increasing
the amount of absorber is then confined to the edges or
wings of the lines. The regions of validity of the strong and
weak line approximation for the Elsasser and Goody models
are discussed by Plass [1958]. For practical purposes most
probiems fall in either the strong line approximation region
or the intermediate region.

In the LOWTRAN band model discussed in the follow-
ing section, empirical transmittance functions for H,0O, O,,
and the combined contributions of the uniformly mixed gases
have been determined from laboratory and calculated trans-
mittance data. Over a wide range of pressures and absorber
amounts, the empirical transmittance functions were found
to give better agreement with laboratory and calculated
transmittance data than the commonly used band models.
An excellent review of the LOWTRAN model and other
band models is given in La Rocca [1978].

18.4.2.1 Broad-band Transmission (LOWTRAN). The
LOWTRAN model was developed to provide a fairly ac-
curate, simple and rapid means of estimating the transmit-
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tance and background radiance of the earth’s atmosphere at
moderate resolution (20 cm™') over a broad spectral interval
(350 to 40 000 cm™). The model was derived using a single
parameter band model for molecular absorption and includes
the effects of continuum absorption, molecular scattering,
and aerosol extinction. It is based on an empirical graphic
prediction scheme of transmittance using some techniques
originally suggested by Altshuler {1961]. The prediction
scheme, derived from laboratory transmittance measure-
ments complemented by line-by-line transmittance calcu-
lations was reported by McClatchey et al. [1972] and, sub-
sequently, together with atmospheric models developed into
the model and computer code LOWTRAN ([Selby et al.,
1972; 1975; 1976, 1978; and Kneizys et al., 1980; 1983].
The model contains representative (geographical and sea-
sonal) atmospheric models and representative aerosol models
with an option to replace them with user derived or measured
values and computes atmospheric transmittance or both at-
mospheric transmittance and radiance for any given slant
path geometry.

18.4.2.2 Assumptions of the LOWTRAN Model. The
basic assumptions made in the LOWTRAN Model are as
follows:

1. The atmosphere can be represented by a 33 layer
model between sea level and 100 km. Each model atmo-
sphere contains the variation of pressure, temperature, water
vapor, and ozone with altitude. A mean nitric acid profile
is incorporated into the model. It is assumed that the mixing
ratios of CO,, N,O, CH,, CO, O, and N, remain constant
with altitude. Each layer is assumed to be in thermal equi-
librium.

2. Refraction and earth curvature effects are included in
the calculation of absorber amounts for slant atmospheric
paths.

3. The average transmittance over a 20 cm™' interval
(due to molecular absorption) can be represented by a single
parameter empirical transmittance function. The argument
of the transmittance function is the product of wavenumber
(or wavelength) dependent absorption coefficient, and “an
equivalent absorber amount” for the atmospheric path.

4. The total transmittance at a given wavenumber av-
eraged over a 20 cm™' interval is given by the product of
the average transmittances due to molecular absorption, mo-
lecular scattering, aerosol extinction, and continuum ab-
sorption. It is further assumed that the molecular absorption
is composed of four components, namely the separate trans-
mittances of water vapor, ozone, nitric acid and the uni-
formly mixed gases.

5. The variation of acrosol optical properties with alti-
tude is modeled by dividing the atmosphere into four height
regions each having a different type of aerosol. The aerosol
models for the lower atmosphere (RURAL, URBAN, MAR-
ITIME and TROPOSPHERIC) are given as a function of
relative humidity. Radiation and advection fog models are
also included.
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6. Atmospheric and earth radiance are calculated by a
numerical evaluation of the integral form of the equation of
radiative transfer. The emission from aerosols and the treat-
ment of aerosol and molecular scattering are considered only
in the zeroth order.

18.4.2.3 LOWTRAN Atmospheric Transmittance. In
the LOWTRAN model, the total atmospheric transmittance
at a given wavenumber averaged over a 20-cm™' interval is
given by the product of the average transmittances due to
molecular band absorption, molecular scattering, aerosol
extinction, and molecular continuum absorption. The mo-
lecular band absorption is composed of four components,
namely the separate transmittances of water vapor, ozone,
nitric acid and the uniformly mixed gases (CO,, N,O, CH,,
CO, 0, and N,).

The average transmittance T over a 20-cm™ interval (due
to molecular absorption) is represented by a single parameter
model of the form

T = f(C, w * DS) (18.60)
where C, is the LOWTRAN wavenumber-dependent ab-
sorption coefficient and w * is an “equivalent absorber den-
sity” for the atmospheric path DS at altitude z, defined in
terms of the pressure P(z), temperature T(z), concentration
of absorber w and an empirical constant n as follows

\ {P(z) \/T}
wF = @ \[——
P, T(z)

where P, and T, correspond to STP (1 atm, 273 K). If
Equation (18.61) is substituted in Equation (18.60) and n
is set to zero and unity respectively, Equation (18.61) reverts
to the well-known weak-line and strong-line approximations
common to most band models.

The form of the function f and parameter n was deter-
mined empirically using both laboratory transmittance data
and available molecular line constants. In both cases, the
transmittance was degraded in resolution to 20 cm™' throughout
the entire spectral range covered here. It was found that the
functions f for H,O and the combined contributions of the
uniformly mixed gases were essentially identical, although
the parameter n differed in the two cases. Mean values of
n were determined to be 0.9 for H,O, 0.75 for the uniformly
mixed gases, and 0.4 for ozone.

Figure 18-70 shows the LOWTRAN empirical trans-
mittance functions defined by Equation (18.60) versus the
log,, of the effective optical depth (C, w * DS). The solid
function shown is used for water vapor and the uniformly
mixed gases. The dashed function is applicable to ozone.

Absorption coefficients for water vapor, ozone, and the
combined effects of the uniformly mixed gases are included
as data for LOWTRAN. The absorption coefficients for
water vapor, ozone, and the uniformly mixed gases are

(18.61)
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where the integral represents the atmospheric contribution
and the second term is the contribution of the boundary,
(for example, the surface of the earth), and

T, = average transmittance dué to absotption,
T, = average transmittance due to scattering,
T, = T, T, = average total transmittance,

70, 72 = average total transmittances from the
observer to boundary,

B(v,T) = average Planck (blackbody) function
corresponding to the
frequency v and the temperature T of
an atmospheric layer,

T, = temperature of the boundary.

The emissivity of the boundary is assumed to be unity.
The numierical analogue to Equation (18.62) has been
incorporated in the LOWTRAN model.

18.4.2.5 Examples of Transmittance and Radiance
Spectra. Some examples of transmittance and radiance
spectra obtained from the LOWTRAN model are presented
in Figures 18-74 through 18-77.

- Figure 18-74 shows the transmittance from ground to
space from 0.25 to 4um. This calculation used the U.S.
Standard model atmosphere and the rural aerosol model with
a 23-km met. range.

Figure 18-75 shows the variation in transmittance in the
spectral region between 400 and 4000 cm™' for the rural,
maritime, urban, and tropospheric aerosol models. The cal-
culation is for a 10-km horizontal sea-level path using the
U.S. Standard model atmosphere and a 23-km meteorolog-
ical range.

Figure 18-76 shows the transmittarice of the two fog
models in LOWTRAN for a 0.2-km horizontal sea-level
path and a 1-km meteorological range in the spectral region
from 400 to 4000 cm . ;

Figures 18-77 a and b show the transmittance and ra-
diance spectra for a vertical path at 0° zenith angle looking
to space as a function of obsetver altitude (0, 20 and 40

1.0 - - e ————— o — .t

HI=0 KM
H2>100 KM
ANGLE=0°

WAVELENGTH (um)

Figure 18-74. Transmittarice spectra for a vertical path from ground to
space from 0.25 to 4 p., using the rural aerosol model, 23-
km VIS and the U.S. Standard Model Atmosphere.
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Figure 18-75. Transmittance spectra for a 10-km horizontal path at sea
level for the rural, maritime, urban, and tropospheric aer-
osol models using the U.S. Standard Model Atmosphere
and a VIS of 23 km.

km). This calculation for the spectral region from 400 to
4000 cm" used the rural aerosol model (23 km met. range)
and the U.S. Standard model atmosphere.

18.4.2.6 Comparisons of LOWTRAN with Measure-
ments. Comparisons of LOWTRAN with measurements
are presented in Figures 18-78 through 18-87. Figures
18-78 and 79 show transmittance comparisons of LOW-
TRAN with laboratory measurements of Burch et al. [1962]
for some important water vapor and carbon dioxide ab-
sorption bands. ‘

Figure 18-80 shows a transmittance comparison with a
sea-level measurement by Ashley et al. [1973] (General
Dyniinics). The measurement, made with an interferometer

1.0 —_— Tl .0

0.9 1o-°
0.8 H1=0 KM 10.8
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] Y — FOG | (ADVECTION)
0.7+ Y ++++ FOG 2 (RADIATION) 107
051 {o.8

TRANSMITTANCE
o
e
&
TRANSMITTANCE

W00 " Bb0 1700 1600 2000 2400  28p0 9700 3630 4000
WAVENUMBER (CM-L)

Figure 18-76. Transmittance spectra for the advection fog (Fog 1) and
the radiation fog (Fog 2) models, for a 0.2-km horizontal
path at sea level, with the U.S. Standard Model Atmos-
phere and a 1-km VIS, from 400 to 4000 cm™,
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of ~4 cm™ resolution from 1.8 to 5.4 um, is for a 1.3 km
sea-level horizontal path.

Figure 18-81 shows a comparison with Chaney {1969]
of the calculated upward atmospheric radiance and an in-
terferometer measurement from a balloon flight over north-
ern Nebraska. The mecasurement was taken at a float altitude
of 34 km. The calculated radiance used the midlatitude
winter model with a 23 km met. range and a ground tem-
perature of 280 K.

Figure 18-82 shows a comparison of an interferometer
measurement made from the Nimbus 3 satellite [Conrath et
al.. 1970] looking down over the Gulf of Mexico with the
calculated atmospheric radiance. The resolution of the in-
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Figure 18-78. Representative absorption curves for the 6.3 pm H,O Band.

terferometer was 5 cm™' as compared ta the 20 cm™' reso-
lution of LOWTRAN. As shown in Figure 18-82, two the-
oretical models (tropical and midlatitude summer) were used
for comparison and are displaced two divisions above and
below the measured radiance for clarity. Both models as-
sumed a 23 km met. range and used the temperature at O
km in the model atmosphere as the boundary temperature.

Figure 18-83 shows the comparison of atmospheric ra-
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Figure 18-79. Comparison LOWTRAN calculations and Burch et al. [1962]
calculations for CO; bands at 4.3 wm and 15um.
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Figure 18-82. Comparison between LOWTRAN prediction and NIMBUS 3 satellite measurement of atmospheric radiance over the Gulf of Mexico.

diance as seen from space between the LOWTRAN cal-
culation and measurements from the Nimbus 4 satellite [Ha-
nel and Conrath, 1970) for three different geographic locations.
The spectra, obtained with a Michelson interferometer of
resolution 2.8 cm™!, were measured over the Sahara Desert,
the Mediterranean, and the Antarctic. The calculated LOW-
TRAN radiances used the midlatitude winter model and a
ground temperature of 320 K for the Sahara, the midlatitude
winter model and a ground temperature of 285 K for the
Mediterranean; and an arctic winter cold model taken from
the Handbook of Geophysics and Space Environments [Cole
et al., 1965] and a ground temperature of 190 K for the
Antarctic comparison. All three calculations assumed a 23
km met. range for aerosols.

Figures 18-84 through 87 show comparisons of calcu-
lated and observed atmospheric spectral radiance versus
wavelength in the 8 to 14 wm spectral region. The meas-
urements were made on a balloon flight launched from Hol-
loman AFB, New Mexico by Murcray ct al. [1977] Uni-
versity of Denver. The instrument used for these observations
was a grating spectrometer, operated in the first and second

order of the grating. The resolution was 0.03 pm in the 8§
to 14 um region. The data in these figures are presented as
a function of altitude and as a function of zenith angle. The
LOWTRAN radiance calculation used the pressure, tem-
perature, ozone, and nitric acid profiles from the Murcray
report, and the midlatitude winter water vapor profile con-
tained in LOWTRAN.

18.4.2.7 Limitations of LOWTRAN. The overall ac-
curacy in transmittance from LOWTRAN is better than 10%.
The largest errors may occur in the distant wings of strongly
absorbing bands in regions where such bands overlap ap-
preciably. The reason for this error is twofold. First, the
LOWTRAN spectral coefficients are based on a single ab-
sorber parameter and cannot be defined for a wide range of
atmospheric paths without some loss in accuracy.
Secondly, the transrhittance in the window regions be-
tween strong bands generally lies in the weak line approx-
imation region where the transmittance is a function of the
quantity of absorber present and not of the product of ab-
sorber amount and pressure. The one-dimensional prediction
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Figure 18-85. Sample spectrum of short wavelength region observed at
an altitude of 13.5 km and a zenith angle of 63° on 19
February 1975 and LOWTRAN comparison.

scheme in LOWTRAN is less accurate for such conditions.
The digitized spectral data used in LOWTRAN were ob-
tained for conditions representative of moderate atmospheric
paths and will tend to overestimate the transmittance for
very long paths and underestimate the transmittance for very
short paths in the spectral regions described above. As the
transmittance approaches 1.0, the percentage error in trans-
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Figure 18-86. Sample spectrum of short wavelength region observed at
an altitude of 18.0 km and a zenith angle of 63° on 19
February 1975 and LOWTRAN comparison.
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Figure 18-87. Sample spectrum of short wavelength region observed at
an altitude of 24.0 km and a zenith angle of 63° on 19
February 1975 and LOWTRAN comparison.

mittance decreases toward zero but the uncertainty in the
absorptance (or radiance) increases.

Additional constraints on both the validity of the model
as well as the range of applicability are introduced for at-
mospheric radiance calculations. As mentioned above, the
atmospheric radiance becomes less accurate for very short
paths. In addition, the radiance calculations assume local
thermodynamic equilibrium exists in each layer of the model
atmospheres. This assumption will break down for radiance
calculations in the upper atmosphere.

For the shorter wavelengths (<5 wm), scattered solar
radiation becomes an important source of background ra-
diation. This contribution for radiance calculations at the
shorter wavelengths with a sunlit atmosphere would add to
the atmospheric radiance calculation using the LOWTRAN
model. Single-scattered solar and lunar radiation has been
added to the latest LOWTRAN model [Kneizys et al., 1983].

18.5 RADIATION TRANSFER BY
ATMOSPHERIC SCATTERING

18.5.1 Multiple Scattering

Scattering of visible and infrared radiation occurs in the
atmosphere by air molecules, haze particles, and water drop-
lets in the air (see Sections 18.1.4 and 18.2). Scattering
effects from molecules and aerosols are additive. Multiple
scattering occurs when scattered light undergoes subsequent
scattering on other particles or molecules. The probability

for multiple scattering cvents increases with increasing op-
tical thickness t = k, + x [see Equation (18.21)]. Van de
Hulst [1957] states that if the optical thickness t < 0.1 single
scattering prevails, for 0.1 < t < 0.3 a correction for dou-
ble scattering may be necessary. For still larger values of
the optical depth the full complexities of multiple scattering
have to be considered.

Monographs by Chandrasekhar [ 1950], Sobolev | 1975],
and van de Hulst [1980] are classical references on theory
and approaches to radiation transfer. Recent reviews of mul-
tiple scattering have been presented by Hansen and Travis
[1974], Herman et al. [1978], and by the Radiation Com-
mission of the International Association of Meteorology and
Atmospheric Physics (IAMAP/RC) |Lenoble, 1977 and
Fouquart et al., 1980].

The basic radiative transfer equation in a scattering at-
mosphere defining the diffuse radiance [, can be written as

dit, . )
M —— =

dt,u 7111(‘1;» [V d)) + JU(LU’ [ (b)

(18.63)

where the source term, J,, is given by

w,(t,)
4 Jo

27 +1
1= fﬁl P, (p,d;p’, &9 L, w', ¢")dp' dd’

1
+ Z mu(tv)Pu(p“sd);“‘(n(bu) exp( - tu/“'o)Fuo

+ [ = 0,t)]Bt, ,T) (18.64)

and where the following notation is used:

(= f " ky(z')dz’ optical depth

kz) = extinction coefficient
w,t,) = albedo for single scattering
z = height
p = cosb

f = angle between a given direction and
the direction of increasing optical
depth, t (that is, towards the ground).

¢ = azimuth angle

P.(n,&, ', ¢) = phase function defining the function
of the light incident at p', &' which
is scattered in the direction ., .

B,(t,T) = Planck blackbody function at
temperature T.

wF,, = solar irradiance perpendicular to the
direction of incidence, (g, dg)
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The first term on the right side of Equation (18.63) is the
energy lost from the beam of radiation traveling in the di-
rection (., &). This loss is due to either absorption or
scattering out of the beam. The second term (known as the
source term) represents the diffuse radiation contributed to
the direction (., &) by scattering processes or self emission
by the atmosphere. This source term is expanded in Equation
(18.64) into three components (in order): the diffuse radia-
tion scattered into the beam from other directions, the direct
sunlight scattered into the beam direction (., ¢), and the
thermal radiation emitted by the atmosphere at frequency
v. For simplicity, the frequency v will be omitted in sub-
sequent equations. However it should be kept in mind that
these equations only apply to spectral intervals sufficiently
narrow that the atmospheric absorption and scattering pro-
cesses do not change significantly with wavelength.

The full radiative transfer Equation (18.63) with the
source term as in Equation (18.64) is too cumbersome to
solve in general. However for most scattering problems in
the earth’s atmosphere, there is a natural separation of the
parts of the source term. In the temperature region of interest
for the earth’s atmosphere, B,(t,T) contributes only in the
longwave region (infrared and beyond). For wavelengths
less than 3 to 4 pwm, generally the thermal radiation B,(t,T)
can be neglected compared to the solar irradiation F,,, and
for longer wavelengths F,, can be neglected compared to
B.(t,T).

Also, for the longer wavelengths (greater than 3 to 4
pm) scattering is negligible except in the presence of clouds
or fog. These cases where the source term is limited to the
thermal radiation B,(t,T) are discussed in Section 18.4. Sec-
tions 18.5.2-18.5.4 will focus on the solution to Equation
(18.63) when the thermal radiation can be neglected al-
though many of the methods of solving the multiple scat-
tering problem can easily be generalized to include atmos-
pheric emission. The reduced expression for the source term
is given by

_ S)Q 2w + 1 o , , , , ,
b = S2 [T [ PGudi 0w 6w dd

w(t)

+ T P(P‘,d);p'md)n)exp( - [/M())Fo- (]865)

The phase function P used here is a weighted average of
the phase functions for molecular scattering and aerosol
scattering discussed in Sections 18.1.4 and 18.2.1.5 re-
spectively. The weights are proportional to the scattering
coefficients for scattering by air molecules and by aerosol
particles.

18.5.1.1 Formal Solution to the Multiple Scattering
Problem. The formal solution to the radiative transfer
equation is given by

18-54

-~

b
l‘(t*,“,¢)exp[ - « t)]

]
+ 1 f| J(t' ., d)exp |:~ « - t):l dt’,
wJ I
L<0  (18.66a)
Itw.d) = | T (tp,d), w=0  (18.66b)

1* (0. dblexp <~ i)

1 -t
+ —f J(t" 1w, d) exp [* « t)] dt’,
(AN %

(18.66¢)

5 p=>0
where t* is the total optical depth of the atmosphere and
where 17(t*,,d) for p < 0 and I (0, ) for p > 0 (de-
noting the upward radiance at the ground and the downward
radiance at the top of the atmosphere respectively) are spec-
ified by the boundary conditions: At the ground, the up-
welling radiance is related to the downward radiance by an
appropriate surface reflection law (see Section 18.3), and
at the “top” of the atmosphere the downward diffuse radi-
ance [ (0,n,d) for w > 0 is usually taken to be zero (that
is, the downward radiance at the top of the atmosphere is
due only to the incident sunlight). The formal solution
[Equation (18.66)] does not completely solve the radiative
transfer equation since J is defined in terms of 1 [Equation
(18.65)]. However it is used in the development of several
of the methods discussed below.

18.5.1.2 Method of Successive Orders of Scattering.
The method of successive orders of scattering expands the
radiance as [see e.g. Dave, 1964, 1965, or Irvine, 1965]

%

[tpd) = X I (tp.d)

n =1

(18.67)

where 1'” is the part of the radiance scattered exactly n
times. [(t,iu,¢) is found by evaluating the formal solution
[Equation (18.66)] using J = J™(t,u,d) which is given by
Equation (18.65) with] = 1"~ Vand starts with ['® = 0.
This method has the advantage of easily handling vertically
inhomogeneous atmospheres. The main disadvantage is that
the computation time becomes very long as o approaches
1.0 (absorption becomes weak) or as the optical depth be-
comes large.

18.5.1.3 Gauss-Seidel Iterative Method. The Gauss-
Seidel iterative method originally developed by Herman and
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Browning [1965] and others [Dave and Gazdag, 1970] also
starts with Equations (18. 65) and (18.66). Here they initially
assume | = 0 and numerically integrate Equation (18.66)
for small steps At for downward radiances (g > 0) until
they reach the ground. They then integrate stepwise from
the ground back to the top of the atmosphere using the
downward radiances just calculated for the integral in Equa-
tion (18.65). The process is then repeated until the solution
converges. Recently Herman et al. [1980] improved the
computation speed by apptoximating I(t,i,d) by polyno-
mials in t which allowed the use of larger step sizes At for
optically thick atmospheres.

18.5.1.4 The Matrix Operator or Layer Adding
Methods. The radiative transfer problem has been solved
by using different formations of the matrix operator or layer
adding techniques reviewed by Plass, et al. [1973]. One of
the first applications to light scattering in the atmosphere
was the doubling méthod discyssed by van de Hulst in an
unpublished report ifi 1963 and later used by him and others
[e.g. van de Hulst*and Grossman, 1968; van de Huist,
1971]. Hansen [1969a and b] has developed a modified
version of th1s ’method and used it extensively [Hansen,
19714 and b; Hansen and Pollack, 1970].

An equivalent procedure was independently developed
by Twomey et al. [1966] and has been used by them to
study multiple scattering of light [Twomey et al., 1967]. A
similar approach has been formulated by Grant and Hunt
[1968, 1969a, b] based on invariance principles [Chandra-
sekhar, 1950] and the discrete space theory [Preisendorfer
1965]. They have applied this matrix operator method to a
variety of problems.

If we considér a plane-parallel medium of optical depth
t and an incident radiation field I,,.(0, p', ¢"), (0 < ' =< 1),
it is convenient to introduce a scattering function S (t; p,
¢, p', ¢') and a transmission function T (t; p, &, u', &)
[see Chandrasekhar, 1950]. Then the angular distribution
of the reflected and transmitted light will be given by

lreﬂ (O’H"d)) =

1 1 2
— f f S’ ') Lnc(O,1 ") db'dpe,
dzlu| Jo Jo

(18.68a)

0O=zp= —1

llrans(ts “',(b) =

1 l 2’" ! ! ! ! ! !
— f T(td, ', d') L0, 0 )dd'dps
al Jo Jo ;

lzn=0 (18.68b)
The basic principle of the layer-adding methods is that given
the scattering functions S(t;) and S(t,) and transmission
function T(t,) and T(t,) of two layers, it is possible to find
S(t; + t;) and T(t, + t5) for a combination of the layers

in terms of the scattering and transmission functions for the
individual layers. For a homogenous atmosphere, it is most
efficient to start with t; = t, = to, whete t, is small, and
build up to t = 2P t, in p steps, by a doubling procedure.

The Neumann series method (iteration in orders of scat-
tering [see Irvine, 1965] has been used to find S(ty) and
T(t,) for t, = 0.125 by van de Hulst and Grossman [1968]
and Irvine [1968b]. Hansen started with an initial optical
thickness of t, = 2725 where he could approximate S(t;) and
T(ty) by the appropridte expressions for single scattering.

The formalism developed by van de Hulst and Hansen has
only been applied to radiation emerging from an atmosphere
and in its present form cannot be tsed to calculate the radiation
within an atmosphere. The approach developed by Grant
and Hunt overcomes this drawback by incorporating an
algorithm for determining the radiances between the layers
used in the calculation. However, this can be quite time
consuming for a number of different depths. The advantage
in computation time is also weakened if the approach is ex-
tended to vertically inhomogeneous atmospheres.

18.5.1.5 Monte Carlo Technique. The Monte Carlo
method basically utilizes a random walk approach, follow-
ing a large number of photons in turn as they scatter through
the atmosphere until they are absorbed or emerge from the
atmosphere. This procedure was first extensively applied to
the study of light in the atmosphere by Collins, Wells, and
their associates [Collins and quls, 1965; Thompson and
Wells, 1971; Collins et al., 1972; Blittner et al., 1974].
Subsequently, Plass and Kattawar [1968a, 1968b & 1972]
have independently developed a Monte Carlo type of pro-
gram. The Russian work in this area is covered in the mono-
graph by Marchuk et al. [1980].

The major advantage of the Monte Catlo approach is its
gteat flexibility. It can allow for all of thé complications of
a realistic atmosphere usually neglected by other methods;
these include the spherical nature of the atmosphere, mo-
lecular band model type absorption, and horizontal inhomo-
gengities. The major drawback is that the errors in the cal-
culations are proportional to N~ "2, where N is the number
of photons counted. This means that to increase the accuracy
by an order of maghitude, the number of photons followed
(and the computer time) must be increased by two orders
of magnitude.

18.5.1.6 Discrete Ordinates. One of the best known so-
lutions of the transfer equation is Chandrasekhar’s [1950]
method of discrete coordinites. Here, the phase function is
expanded as a series of spherical harmonics:

N

E (2 - 8o.m)

m=0

P(p, b, p', d") =
A (18.69)
X [ > wp PP (M)P?’(p«)] cos m(¢p' —b),

{=m
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where

and the PP are associated Legendre polynomials. Then the
radiance is expanded in a cosine series, leading to the fol-
lowing system of equations:

dI™t, )
= — Im t,
P (t,)

UL ¥
+ > > ol PP (W) f | ™ (PP )dp
( = m B

1
+ Z Fu(z - 60.1!1) E w’(n P'(H(Pm)

{ = m

(18.70)

where

n

Lt pw, &)= X 1", p)cos m (b, ~ ).

m = 0

(18.71)

After suitable manipuldtions and evaluation of the integral
in Equation (18.70) by Gaussian quadrature of order
n(4n > 2N — 1), Equation (18.70) is replaced by a system
of linear differential equations in terms of ['™X(t, w;), where
wi (i = *1, *2, ..., =N) are the quadrature points,
This system of equations can be evaluated quite readily. In
principle, as N (and n) — =, the solution becomes exact.
Various forms of this approach have been used by Samu-
elson [1967 and 1969]; Liou [1973]; Shettle and Green
[1974]; Stamnes and Swanson [ 1981 |; and Stamnes and Dale
[1981].

18.5.1.7 Dodecaton Approach to Radiative Transfer
(DART). A different discrete stream approach has been
developed by Whitney [1972, 1974], and Whitney and
Malchow [1978]. This approach appears to have consider-
able potential especially for problems requiring consider-
ation of the curved geometry of the earth’s atmosphére such
as observations of the earth’s limb or twilights. This me-
thod has several important conceptual differences from the
discrete ordinate or two-stream and multichiannel methods
discussed elsewhere in this section. The DART method
achieves discretion by angular integration of the radiance
I in a given direction, f, with a cosine to the n™ power
weighting function:

ss=f

rope

(P1)"I(F)dS)

A
ro= oo

(18.72)

where p - 1 is the dot product of the unit vectors p and £
and S; is a radiation stream whose nominal propagation
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direction is p. Application of this integral operator to the
radiative transfer equation leads to a system of linear dif-
ferential equations in terms of the streams, Sp, in the
(n + D(n + 2) different directions p. ‘

For n = 2, there are 12 streams that can be arranged
to be centered on the faces of a regular dodecahedron. This
arrangement minimizes the number of different scattering
angles that must be considered. Whitney has used her do-
decaton approach in combination with exact single-scatter-
ing calculations and has used the shape of the single-scat-
tering results to estimate the multiple-scattered radiances in
directions other than for the 12 streams.

Whitney has compared the computation speed of her
DART method with the Monte Carlo technique, which is
the only other method that has been applied to radiative
transfer calculations in realistic spherical atmospheres. She
found the DART method to be considerably faster, although
it is hard to judge how much faster because of the differences
in computers and programming languages and the question
of whether more angles and photon histories than necessary
were used for the Monte Carlo calculation. In a comparison
with other methods such as spherical harmonic or matrix
operator for a homogeneous plane-parallel atmosphere [Len-
oble, 1977], the DART method appeared to be slower and
less accurate.

The primary advantage of the DART method is its ap-
plicability to a spherical geometry with reasonable accuracy
and computer time. It is not as advantageous for plane
parallel geometries or irradiance calculations.

18.5.1.8 Spherical Harmonic Method. The develop-
ment of the spherical harmonic method goes back half a
cenfury [Jeans, 1917 and Eddington, 1926]; however, it has
been used more widely for neutron transport problems. In
recent years, it has begun to be used more for atmospheric
light scattering problems {for example, Devaux and Her-
man, 1971; Canosa and Penafiel, 1973, Dave, 1975a,b; and
Karp et al., 1981). Like the discrete ordinate method, the
spherical harmonic method expands the phase function as
a sum of associated Legendre polynomial [Equation (18.69)].
However, it differs from the discrete ordinate method in
that the radiance is also expanded in a series of spherical
harmonics. Equivalently, the Fourier components I™ are
expressed as an expansion of Legendre functions:

™ (t, p) = D CP(OPP(). (18.73)

=0

Substituting Equation (18.73) allows the integrals in Equa-
tion (18.70) to be evaluated analytically using the orthog-
onality of the Legendre functions. After additional manip-
ulations of the equations; a linear system of first order
differential equations for the C'(t) is obtained.

The major advantage of the spherical harmonic method
is that it can give the radiances at all depths in the atmosphere
and not only those emerging from the atmosphere. Those
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timing comparisons made with other methods (the matrix
operator method, successive orders of scattering, and Gauss-
Seidel iteration) tend to favor the spherical harmonic method
[see Lenoble, 1977], especially for cases where the sun is
directly overhead and the azimuthdl symmetry allows the
system of Equation (18.70) to be limited to m = 0. The
discrete ordinate method should be comparable to the spher-
ical harmonic method in terms of computational efficiencies.
The primary disadvantage of these methods is that the com-
putational load increases with the number of terms kept in
the expansion of [ and P (or the asymmetry of the phase
function used); also, the radiance values calculated from the
basic solution often have appreciable oscillations about the
correct solution unless some smoothing process is used [Dave
and Armstrong, 1974 or Karp, 1981].

18.5.1.9 Small-Angle Approximations. When light is
scattered by a particle whose dimensions are larger than the
wavelength of the incident radiation, it is diffracted in a
narrow forward cone. It is this sharp diffraction peak that
greatly increases the difficulty of solving the multiple scat-
tering by increasing the number of angles required to eval-
uate the integral in Equation (18.63). Romanova [1962 and
1963 has developed a procedure in which she separates the
radiance for the small-angle scattering I from the rest of the
radiance:

top, &) = 1, p, d) + It w, &) (18.74)
and solves for I exactly. The rest of the radiation field (i)
can then be found from a modified form of the transfer
equation. Irvine [1968a and b| has made a comparison of
Romanova’s approach with Neumann series and a doubling
procedure and concluded that her method gives radiance
accurate to at least 5%.

Weinman [1968] developed an approach in which the
diffraction peak of the phase function was represented by a
Gaussian distribution and the rest of the phase function by
a Legendre expansion. He then solved for the small—angie
scattering I, using a Neumann solution. It was possible to
do the integration analytically because of the use of the
Gaussian distributions. The large-angle scattering I was then
found by applying the discrete coordinate solution.

Potter [1970] approximated the forward peak as a Dirac
delta distribution. He then considered this forward-scattered
radiation as not being scattered at all but as part of the
transmitted radiation and used a truncated phase function.
This necessitated a rescaling of the scattering coefficient and
correspondingly, the optical depth and the albedo for single
scatter, the rescaling depending on the fraction of radiation
included in the forward peak that was eliminated. His ap-
proach gave quite good results except in the immediate
vicinity of the diffraction peak in contrast with Weinman’s
approach which is most accurate for the diffraction peak.

Wiscombe [1977] discusses the delta M Method which
provides a systematic procedure for representing the phase

function as the sum of a Dirac delta-function and a Legendre
expansion (with 2M terms). This is a generalization of the
approach for the delta-Eddington Approximation {Joseph et
al., 1976]. Potter [1970] had basically just truncated the
phase function by eye. McKeliar and Box [1981] have pro-
vided a discussion showing the relationship between these
delta-function approximations and the necessary rescaling
of the transfer equation, with other scaling laws and simi-
larity relations used in radiative transfer theory.

18.5.1.10 Approximations of Irradiance. Several dif-
ferent methods of calculating radiances within, or emerging
from, a scattering atmosphere have been discussed. When
interest is mainly in the irradiances F, less accurate solutions
of the transfer equation can be used because the errors may
cancel out in averaging the radiances over a hemisphere

E () = ffm(t, W, ddbdu (18.75)

where . > 0 corresponds to F |, and p < Oto F1 . Often
it is adequate to have the irradiances computed accurately
to a few percent, such as calculating heating rates or the
irradiance incident at the ground. Several approximations
for irradiances often used are basically simplifications of
the closely related discrete ordinate and spherical harmonic
methods discussed above. When considering the irradiance,
only the first term (m = 0) in the cosine expansion of the
radiance in Equation {18.71) must be included, sihce the
higher order terms drop out in doing the azimuthal or ¢
integration in Equation (18.75). The most common are the
Eddington approximation [ltvine, 1968b; Shettle and Wein-
man, 1970], various formulations of the “two stream” ap-
proximation [Chu and Churchill, 1955; Sagan and Pollack,
1967; Coakley and Chylek, 1975], the delta-Eddington [Jo-
seph et al., 1976], and the delta-two-stream [Schaller, 1979}
approximations. These have been discussed and unified in
the studies by Meador & Weaver [1980] and by Zdunkowski
etal. [1980], [also see Wiscombe & Grams, 1976 and Welch
& Zdunkowski, 1982].

They showed that the different Eddington and two-stream
approximations all reduce the radiative transfer equation to
a pair of coupled differential equations for the upwelling
and downwelling irradiances:

dF | w,

o - Fl +v.F1 + G exp( —t/p,) F,
(18.76a)

dF 1 0,

— =+ vF|l -~y F1+

at T Y4 exp( — t/w,)F,,

4
(18.76b)

where the values of the +; depend on the choice of approx-
imation used.
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18.5.1.11 Approximations for the Radiance. The dif-
ferent approaches to solving the radiative transfer equation
described ahove generally must be solved numerically on a
computer and permit tradeoffs between the accuracy of the
solution and the computer memory and time. These methods
in principle can be made arbitrarily accurate by increasing
the number of terms kept in the expansions (such as Equation
(18.69) or Equation (18.71)), by decreasing the step size
used in numerically evaluating any necessary integrals, or
by incieasing the number of photon histories following the
Monte (Carlo Method. '

There are also several techniques [Kaufman, 1979; Dav-
ies, 1980; arid Hering, 1981] de’veloped for solving the
transfer equation which are aimed at retaining reasonable
accuracy (10% to 20%) for the radiance field while mini-
mizing ithe computer time requirements. These methods have
a commonality in that they all use one of the two-
stream/Eddington type solutions for the radiances to allow
the integral in Equation (1 8.65) to be evaluated analytically.
They differ in the details of the solution beyond that point;
for example, Davies [1980] and Hering [1981] both ex-
plicitly include the exact single scattered radiances in their
solutions whereas Kaufman [1979] does not.

18.5.2 Background (Sky) Radiance

Atmospheric scattering of solar radiation is responsible
for theskylight. For a pure molecular atmosphere, analytic
solutions were given by Coulson et al. [1960]. They provide
tables of sky radiance and polarization including the Stokes
parameters. Since then, much effort has been put into de-
veloping capabilities to calculate and model sky radiance
for real aerosol containirig atmospheres. These attempts were
based on the different calculation methods for radiative transfer
discussed in the previous section. The intensity, wave-
length, and polatization of skylight have been studied over
the décades to also derive information on atmosplhieric aer-
osols.

For some applications, simplifying assumptions can lead
to useful results. As long as only single scattering is im-
portant: and a homogeneous atmosphere is assumed (aero-
sol/air mixing ratio constant with height), the angular dis-
tribution of skylight at a specific wavelength can be obtained
simply from

BM, M’ W)
M A\ F(P)
= () e —em 18.77
() (e o) 52 s
where
I, = extraterrestrial solar irradiance (W cm™>)
B = sky radiance (W cm™ sr')

18-58

M = secant of the solar zenith angle 6,

M’ = secant of the line of sight angle 6

t = total optical thickness per unit air mass (scattering
and absorptioh by molecules and aerosols

t, = scattering optical thickness

F(W) = angular scattering intensity (molecular + aerosol)
per unit air mass

The scattering angle ¥ is defined by

cos ¥ = cos 0 cos 6 — sin By sin 6 cos (&b — dg)

where & — ¢ is the angular azimuth difference between
the sun direction and the line of sight. However, if tM or
tM’ becomes larger than 0.10, higher order scattering can
no longer be neglected; this means that illumination of the
scattering volume from the sky and the earth’s reflecting
surface becomes incréasingly important. Higher order scat-
tering becomes dotinant for tM or tM’ > 0.5, particularly
for high ground albedo. This is particularly trie for the
radiation leaving the top of the atmosphere (radiation to
space). The assumption of a homogeneous (constant mixing-
ratio) atmosphere is usually not valid and leads to errors.
The most recent revision of the LOWTRAN transmit-
tance radiance codes, LOWTRAN 6, [Kneizys et al., 1983]
contains a subroutine which performs solar (or lunar) single
scattering sky radiance calculation for either the atmospheric
models built into LOWTRAN of any user provided afmos-
pheric data with nonhothogeneous vertical profiles. Since
LOWTRAN also allows a calculation of thermal emitted
radiation from atmospheric molecules, the continnity from
visible scattered to infrared thermal emitted sky radiance is
provided in LOWTRAN for any lookangle, up- or down-
ward. One must always keep in mind that single scattering
calculations underestimate sky radiances; for a scattering
optical depth of less than 0.7, the ratio of multiply to single
radiation is in general less than 1.5. Single scattering is a
good approximation for lookangles near the sun.
Procedures for multiple scattering calculations are gen-
erally time consuming and complex, especially for cases of
strongly anisotropic aerasol scattering. Examples of Monte
Carlo calcylations for the distribution of the radiance of the
hazy atmosphere, seen from both the ground and from space
are shown in Figure 18-88 [McClatchey et al., 1972]. Dotted
curves of the radiance (per unit solid angle and unit incident
solar flux) are for the sun in the zenith and solid lines are
for the sun at 6 = 86.3°. In Figure 18-88a, the downward
or “transmitted” radiance generally increases with decreas-
ing wavelength when the sun is in the zenith. Forward
scattering causes the radiance to peak near the sun. Near
the horizon, the radiance increases again, except at short
wavelengths, and the albedo influence is large. At low solar
elevations, downward radiance is generally much smaller
especially near the zenith at long wavelengths, and the al-
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bedo influence is significant only at short wavelengths. Since
the sky radiance values have been averaged over intervals
of 0.1 in cos 8 (that is, over angular intervals ranging from
5°to 25°), the radiance near the sun actually should be much
higher than shown.

In Figure 18-88b upward or reflected radiance, as seen
from outside of the atmosphere, is strongly dependent on
the albedo of the ground. The contribution of reflected ground
radiance becomes dominant, especially in the near infrared
and in the nadir direction where the atmospheric backscat-
tered flux becomes small. This effect will be less pronounced
in more hazy atmospheres. The distribution of sky radiance
in the ultraviolet is dominated by multiple scattering and
below 0.35 pm by ozone absorption. At high solar eleva-
tions, downward as well as upward radiances at 0.30 um
are only about 1% of their respective values at 0.40 um.

In the case of the radiance from clouds, see Figure
18-89 for a rather dense nimbostratus [Kattawar and Plass,
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Figure 18-89. Downward (a) and upward (b) radiance computed for a
dense Nimbostratus cloud. Dashed curves are for the sun
in the zenith. Solid curves are for the sun at § = 86.3°.
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1968]. Aerosol and molecular scattering have been ne-
glected in this model because they would have little effect.
The strong downward radiance (Figure 18-89a) for high sun
and low albedo is largest near the sun, but with high albedo
is nearly independent of the angle of observation. At low
sun, the much smaller cloud radiance is largest in the zenith.
The radiance of the cloud top (Figure 18-89b) again is very
large at high sun. At low sun there is little discrimination
between a cloudy and a clear sky (see Figure 18-88b, A = 0.7
pm).

Polarization of the cloudless sky is symmetrical to the
sun meridian and varies with sun elevation. The degree of
polarization |see Equation (18.18)] varies from O to as much
as 50 to 60% with a maximum around 90° from the sun.
Sky light polarization decreases with increasing aerosol con-
tent in the atmosphere.

18.5.3 Illuminance-Irradiance

The irradiance at the earth’s surface due to direct sun-
light, diffuse skylight, moonlight, starlight and airglow var-
ies over approximately nine orders of magnitude (Figure
18-90).

A still frequently referenced publication on natural il-
lumination conditions which provides charts for predicting
day and night time illumination levels is a report by Brown
[1952]. This report is also included as an appendix in a
more easily obtained document by Biberman et al. [1966]
on the same subject. Figure 18-91 gives the solar spectral
irradiance curves at sea level for various optical air masses.
The total solar plus sky irradiance at the surface varies on
a clear day between about 0.1 to 1,15 kW/m?,

A considerable amount of data on total irradiance over
the whole solar spectrum, dependence on time of day, sea-
son, and geographic distribution has been accumulated in
the literature [for example, Robinson, 1966; Schulze, 1970;
SOLMET, 1979].

In addition to astronomical parameters such as sun el-
evation or moon phase the irradiance at the surface depends
largely on the atmospheric scattering properties.

The ratio of diffuse skylight to direct sunlight changes
from about 0.6 (at a sun elevation of 10°) to 0.08 (with the
sun near the zenith). For a very hazy atmosphere the cor-
responding ratios would be between | and 0.13. Clouds
may reduce the total radiance by as much as 90% or more.

During recent years computer programs have been de-
veloped at several places to calculate illuminance levels as

3 }
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Figure 18-90. Range of natural irradiance levels.
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a function of time (day and night) and location. Unfortu-
nately we are not aware of any that have been published.
Figures 18-92 and 18-93 are extracted from the report by
Brown [1952] and allow an estimate of the natural illumi-
nance levels of the surface during day or night. Figure
18-92 shows the illumination (footcandles) as a function of
altitude (or elevation angle) of the sun or moon and Figure
18-93 the relative intensity of moonlight as a function of
the phase angle.

Lt should be pointed out that except for extremely remote
regions of the continents night time illumination levels are
always more or less affected by illumination from artificial
lights, especially with reflection from clouds under overcast
conditions.

18.5.4 Contrast Transmittance-Visibility

The “quality” of any image is largely a function of the
contrast between different elements in the image scene.
Several definitions for contrast exist. One definition fre-
quently used is modulation contrast

Max. Brightness — Min. Brightness

Max. Brightness + Min, Brightness’
(18.78)

Cmodulalion =

The contrast between two elements in the object plane (the
inherent contrast) is reduced along the atmospheric path due
to scattering and turbulence in the visible and due to ab-
sorption and thermal atmospheric emission in the infrared.
In a transitional spectral region all processes may be of
importance.

The apparent contrast in the image plane is proportional
to the inherent object contrast C, = C, - 1. where 7. is
called contrast transmittance. If the spatial resolution is de-
fined as the minimum separation between two object scene
elements that the receiver optical system can resolve, it
becomes apparent that spatial resolution is a function of
atmospheric contrast reduction.

The contrast transmittance for a target with sinusoidally
varying brightness is called the modulation transfer function
(MTF). In a turbulent atmosphere (see also Section 18.7),
the MTF decreases with increasing spatial frequency of the
object scene. For near zero spatial frequencies, turbulence
phenomena vanish and contrast loss is due only to atmos-
pheric scattering processes. In this case the apparent radi-
ance of a distant object is the sum of two radiation flux
components: residual image forming radiation from the ob-
ject after propagating through the atmosphere and radiance
caused by scattering of ambient light incident on the optical
path into the direction of the receiver. This second quantity
is called path radiance; it obviously does not contain any
information about the object scene. Duntley et al. [1957]
has shown that if the contrast is defined as
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object radiance — background radiance

Cunivcrsu] -

background radiance
(18.79)

a universal contrast transmittance can be derived as

1

., universal = ———————
Toc, UM I + P/(Np, - 1)

where P is the path radiance, Ny, the inherent background
radiance, and T the beam transmittance. The universal con-

trast transmittance is only a function of atmospheric and
background properties. not the target.

Whereas the path radiance in the visible spectrum is due
to scattered radiation, the physical process for path radiance
in the infrared is thermal emitted radiation by each path
element. This path emission is a function of the atmospheric
composition and its emittance and also of the temperature
of the path element. The path emission is related to the
absorption by Kirchhoff’s law, and it is those gases (and
aerosols) that absorb infrared radiation that also emit radia-
tion.
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Figure 18-92. Total range of natural illumination levels.

Reduction of scene contrast due to atmospheric scatter-
ing varies over several orders of magnitude depending on
wavelength, atmospheric turbidity, source-slant path ge-
ometry, and ground albedo.

Figure 18-94 gives the universal contrast transmission:

C’
apparent

T = ~1
(/ inherent

(18.80)
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for a receiver located on top of the atmosphere looking
straight down. The ground albedo, A in Figure 18-94 is 10,
30, and 60% (ground albedo is the ratio of total incident to
total reflected radiance from the ground, see Section 18.3),
The contrast transmittance is shown for two different at-
mospheric models, one corresponding to clear conditions
with 23 km surface visibility, and one for a hazy atmosphere
with 3 km visibility on the ground. The figure shows the
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Figure 18-93. Relative intensity of the moon’s illumination as a function of phase angle.

dependence of 7', on wavelength, sun zenith angle, and
albedo. The results of these model calculations illustrate the
range of contrast transmittancé values that, for instance,
will have to be considered in the interpretation of imagery
from a satellite platform.

Figure 18-95 shows the effect of different types of aer-
osols on contrast transmission. In this figure the ratio of
contrast transimittance for an urban versus a rural aerosol
(see Section 18.2.1.4) is shown under identical visibility of
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10 km for various sun and look angles. The difference in
contrast transmittance is due to the different scattering prop-
erties of the two aerosol models: ‘

The theoretical determination of contrast transmittance
involves, in the term of the path radiance [Equation (18.79)],
the treatment of multiple scattering. Several of the radiation
transfer computational methods described in Section 18:5.1
have been used for path radiance and contrast transmittance
modeling. The examples given in Figures 18-94 and 18-95
above have been obtained from Monte Carlo calculations.

Figures 18-96 and'18-97 show an example of .contrast
transmittance and derived target dcquisition ranges that were
obtained by applying the delta-Eddington method [Hering;
1981] mentioned earlier. ‘

A special case of viewing an object through the atmo-
sphere is the viewing of objects along a horizontal path
against the horizon sky. This case is described by the often
quoted (but frequently misunderstood) Koschmieder theory

[Middleton, 1952]. It states that the brightness of a black
object By, at distance r is given by

By, = By, (1l — ¢ (18.81)
where Bj, is the horizon sky brightness and ¢ = extinction
cocfficient. If one assumes that (based on tests) the contrast
threshold necessary to see the object against the background
(B, — B,)/By, is 0.02, the limiting visible distance, called
meteorological visible range becomes

V = — (18.82)

It must be pointed out that this relationship is based on the
assumption of a black (dark) object of an angular extent
larger than a few minutes of arc. Table 18-13 gives [Hulburt,
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1941 or McCartney, 1976] the interntational visibility code
and corresponding weather condition, meteorological range,
and scattering coefficients. Since visibility marks are gen-
erally not black and often their angular extent is smail, a
threshold. contrast of 0.05 gives usually a better definition
for the meteorological range. Table 18-13 contains both the
0.02 and 0.05 contrast threshold scattering coefficients. In
going from a measured scattering to an expected observed
visibility, the assumption of an 0.02 contrast threshold gives
a 30% higher visibility than 0.05. The values for pure air
are based on molecular scattering only, for air at standard
conditions, and for a spectrally weighted average wave-
length for daylight. :

18.6 ATMOSPHERIC REFRACTION

Changes in molecular density and the resulting gradient
in the index of refraction cause the bending of a light ray
traveling through the atmosphere. Over long paths at sunset,
refraction causes such phenomena as the ﬂattemng of the
solar disc and the “green flash.” Strong tempergture gra-
dients over short paths are responsible for such effects as
mirages and looming. Microscale and time dependent vari-
ations of the index of refraction cause optical turbulence
and scintillation—the twinkling of stars. Thié section will
consider only the large scale effects of refraction.

18.6.1 Refractive Bending

In a spherically symmetric atmosphere, a light ray fol-
lows the path defined by the equation

m(r) X r X sin® = C (18.83)

where m is the atmospheric refractive index (Section 18.1.3),

r is the radius vector from the center of the earth, 0 is the

angle formed by the ray and the local zenith, and C is a
constant. The radius of curvature R of a light ray is given

by

| 1 d
— = ———Esm26

18.84
R m dr ( )

The refractive modulus N (see Equation 18.7, Section 18.1.3)
is very nearly proportional to the total air density so that it
can be approximated, at least over a limited vertical range,
by an exponential of the form

N(r) = N, (18.85)

where N, is the value of N at some reference radius r, and
H is the scale helght for N. In this case

[
1 (1
R sin 6 [H<N+ eltirortt g l>} (18.86)
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Table 18-13. International visibility code, meterological range, and scattering coefficient.

‘ Meterological Range, R, Scattering Coefficient o (km™')
Code Weather for 0.05 for 0.02
No. condition Metric English contrast contrast
0 Dense fog <50 m <55 yd > 59.9 > 78.2
1 Thick fog 50-200 m 55-219 yd 59.9-15.0 78.2-19.6
2 Moderate fog 200-500 m 219-547 yd 15.0-5.99 19.6-7.82
3 Light fog 500-1000 m 547-1095 yd 5.99-3.00 7.82-3.91
4 Thin fog 1-2 km 1095 yd-1.1 3.00-1.50 3.91-1.96
naut. mile
5 Haze 2—4 km 1.1-2.2 1.50-0.749 1.96-0.954
naut. mile
6 Light Haze 4-10 km 2.2-54 0.749-0.300 0.954-0.391
» naut. mile
7 Clear 10-20 km 5.4~11 3.00-0.150 3.91-0.196
naut. mile
8 Very Clear 20-50 kim 11-27 0.150-0.060 0.196-0.078
naut. mile
9 Exceptionally clear > 50 km 727 ‘ < 0.060 < 0.078
naut. mile
— Pure air 277 km 149 — 0.0141
naut, mile

In a typical case from the U.S. Standard Atmosphere 1976
for a horizontal path at the ground (6 = 90°), the ratio of
the radius of the earth rg to R is 0.16 at 5 wm.

Since the total air densnty normally decreases with al-
titude, light rays are normally bent toward the earth. How-
ever, density inversions can occur in the atmosphere, typ-
ically as a thin layer above a strongly heated surface such
asthe desert or a road surface In such cases, llght is bent
upwards. ’

The bending ¢ of aray is shown in Figure 18-98, where
0 and ¢ are the zenith angles of the ray at r; and r, and 3
is the earth centered angle, and '

y=m1m+B-6-4¢

The bending along a path can be calculated by integrating
one of the following equatlons

dy

(18.87)

1
= —tan 6

dr Rtan
W
db _r (18.88)
B R
gy _sin 0
dS R
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where S is the distance along the curved path from some
point. '

The total bending for various paths through the atmo-
sphere is shown in Figures 18-99a,b and 118-100. Figure

Figure 18-98. Geometry of the refractéd path through a single layer.
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18-99a,b shows the bending or zenith angle at the ground
for a path from ground to space, for three different atmo-
spheric profiles. The three profiles are the U.S. Standard
1976, the Tropical (15°N), and Subarctic Winter (60°N Jan)
profiles [McClatchey et al., 1972]. Figure 18-100 shows
the bending for a path looking out horizontally to space
from the observer altitude.

Figure 18-101 shows the difference between the re-
fracted tangent height and the unrefracted tangent height
versus the refracted tangent height for a ray coming in from
infinity. This path corresponds to, for instance, a satellite
instrument scanning the earth limb.

18.6.2 Optical Air Mass

Calculations of the absorption and emission of electro-
magnetic radiation in the atmosphere require knowledge of
the amount of the absorbing gases along the path. Examples
of such situations are the absorption of solar radiation along
a path to the ground and the emission of infrared radiation
along a tangent path through the atmosphere.

The quantity of interest is the integrated absorber amount
p along the path, given by

w = J pds (18.89)
where p is the density of the absorbing gas and ds is the
element of length along the path. w is also known as the
“column density” and has units of molecules cm™ if p is
the number density. The value of w for air for a vertical
path from ground (1013.25 mb) to space is w, [molecules
em™2]. The ratio of w for air for a given path to ., is known
as the “air mass;” for example, the air mass value for a path
from ground to space where the zenith angle at the ground
is 90° is 38.1.

For a spherically symmetric atmosphere and for paths
where the zenith angle is less than about 70°, the absorber
amount can be calculated to better than 1% using the plane
parallel approximation, that is:

w = [ pds = sec 6 [ pdz (18.90)
where 0 is the zenith angle along the path and z is the vertical
coordinate. For a gas whose density follows an exponential
profile

p(Z) — p('zl)e'(/,—/,:)/}l, (]891)
the vertical integral of the density has a particularly simple
form

ﬁ_ pdz = Hlp(z)) — p(z,)] (18.92)

where the scale height H is
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Zr,— 17,
H= ———————— 18.93
In(p(z2)/p(z))] (18.99)

The total air density and the density of uniformly mixed
gases are well represented by profiles of the form of Equa-
tion (18.91) especially over altitude ranges of less than a
scale height (the density scale height under normal atmos-
pheric conditions varies between 6 and 9 km).

For zenith angles greater than 70°, the effects of the
earth’s curvature and of refraction become significant. In
this case, plane parallel approximation is no longer valid
and a more claborate integration of Equation (18.92) is
necessary. In a case where the density profile is exponential
but refraction can be neglected, the absorber amount can be
calculated using the “Chapman functions.” Non-exponential
profiles and cases where refraction is important generally
require a numerical integration of Equation (18.92). A com-
puter program for calculating absorber amounts for any pro-
file and an arbitrary path is available.

There are a number of tables of air mass for various
geometries and profiles [Chapman, 1931; Smith and Smith,
1972; Gallery et al., 1983; Bemporad, 1968; Kasten, 1966
and 1967; Sneider and Goldman, 1974; Sneider, 1975].
Table 18-14 gives the air mass for selected zenith angles
for a path from the ground (1013.25 mb) to space, including
the effects of refraction. The profile used is the U.S. Stan-
dard Atmosphere 1976, and the values are accurate to within
1% for wavelengths from 0.5 micrometers to the far in-
frared. Table 18-15 gives the air mass for various tangent
heights for a path from space to space through the tangent
height.

Air mass values for paths with large zenith angles cannot
in general be applied to non-uniformly mixed gases, such
as water vapor and ozone. This fact is shown in Figures

Table 18-14. Air mass versus zenith angle for a path from ground (1013.25
mb) to space, U.S. Standard Atmosphere, 1976, 0.23 um
to the far infrared.

Zenith Angle Air Mass | Zenith Angle Air Mass

(Deg) (Deg)

70.0 2.90 88.0 19.4
72.0 3.21 88.2 20.5
74.0 3.58 88.4 21.8
76.0 4.07 88.6 23.1
78.0 4.71 88.8 24.6
80.0 5.58 89.0 26.2
82.0 6.87 89.2 28.1
84.0 8.85 89.4 30.2
85.0 10.3 89.6 32.5
86.0 12.3 89.8 35.1
87.0 15.2 90.0 38.1
87.5 17.1

(For zenith angles less than 70°, the secant approximation is good to better
than 1%.)



OPTICAL AND INFRARED PROPERTIES OF THE ATMOSPHERE

Table 18-15. Air mass versus tangent height (Hy) for a path from
space to space through the tangent height, U.S. Standard
Atmosphere, 1976, 0.23 pm to the far infrared.

Hr AirMass | Hy  Air Mass

0.0 76.2 10.0 21.4 30.0  0.920
1.0 67.9 12.0 17.7 35,0 043
2.0 60.4 14.0 11.4 40.0  0.208
3.0 53.6 16.0 8.28 45.0  0.107
4.0 47.5 18.0 6.01 50.0  0.0563
5.0 41.9 20.0 4.38
6.0 36.9 22.0 3.18
7.0 32.4 24.0 2.32
8.0 56.6 26.0 1.70
9.0 49.4 28.0 1.25

Hy  Air Mass

18-102a,b which show the “‘air mass” value for air, water
vapor, and ozone versus zenith angle for a path from ground
to space. The “air mass” values for water vapor and ozone
are the ratio of the absorber amount for the given zenith
angle to the absorber amount for a vertical path for the same
profile. The temperature profile used is the U.S. Standard
Atmosphere 1976 while the profiles of water vapor and
ozone used are shown in Figure 18-103. At 90°, the “air
mass” value for water vapor is 72.2 and for ozone 14.4
compared to 38.1 for air. For the profiles of water vapor
and ozone, the absorber amounts can be computed to better
than 1% using the secant approximation up to 80° for water
vapor and 60° for ozone (compared to 72° for air or a

10 T T T T T T

7r —— AIR .
——— WATER VAPOR P
OZONE

AIR MASS

0 1 i 1 n 1 4 1 i 1 1 1 A L U B

0 10 20 30 40 S0 60 70 8G G
(a) ZENITH ANGLE (DEG)

uniformly mixed gas). These numbers depend upon the pro-
file used and should be taken as guidelines only.

Figure 18-104 shows the air mass value versus tangent
height for the three components for a path from the tangent
height to space. These curves are similar in shape to the
density profiles of the components themselves, since the
bulk of the integrated amount is within a few kilometers
(vertically) of the tangent height.

Figure 18-105 shows the air mass versus zenith angle
for a typical stratospheric balloon-borne spectroscopic
measurement: the observer is at 30 km scanning between a
zenith angle of 85° to 95.5° at which point the path intersects
the earth. (The zenith angle is the apparent or measured
zenith angle, not the astronomical zenith angle.) Also shown
are the tangent height versus zenith angle and the angular
diameter of the sun. If the sun is used as the source for an
observation, the absorber amounts to different points on the
face of the sun may differ by a factor of 2 for air and an
order of magnitude for water vapor. The variation in air
mass due to this effect can be the major source of uncertainty
in a measurement and must be considered carefully.

18.7 ATMOSPHERIC OPTICAL
TURBULENCE

Astronomers have long known that atmospheric turbu-
lence can cause optical propagation effects. The famous
“twinkling” of stars is due to such turbulence. When tur-
bulence is at a minimum, astronomers can photograph planets,

100 T T T T L T T T T T T T T T r,_
w
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%
s
o
z
L6776 78 B0 82 84 86 88 90
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Figure 18-102. Air mass vs zenith angle for a path from 0 to 100 km altitude, U.S. Standard Atmosphere, 1962, including refraction (a) 0°-90°;

(b) 74°-90°.
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Figure 18-104. Air mass vs observer altitude for a path from 100 km to
the observer, zenith angle 90°, U.S. Standard Atmos-
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etc., with a minimum of blur because with less turbulence
there is less so-called “image dancing.” Brightness fluctua-
tions, or scintillations, also diminish when there is low
turbulence. In general, such conditions are called “good
seeing conditions.” The basic cause of the optical effects is
the presence of fluctuations in the index of refraction along
the optical path.

A number of excellent reviews exist describing the tur-
bulence effects on optical propagation {Pratt, 1969; Law-
rence and Strohbehn, 1970; Hufnagel, 1978; Dewan, 1980].
The following is a brief description of commonly known
turbulence effects.

Beam steering: The laser beam can be deviated from the
line of sight so that part or all of it will miss the receiving
aperture. This is most likely for the case where the turbu-
lence occurs close to the source, as when the receiver is in
space and the transmitter is on the ground (pdrtly because
a deviated beam will drift farther from the target in pro-
portion to its subsequent distance of travel). Beam steering
effects arise when the size of the atmospheric inhomogene-
ities are larger than the width of the beam.

Image dancing: The atmosphere can cause a modulation
of the angle of arrival of the beam’s wavefront. This will
cause the image of a source in the receiver to be focused
at different places in the focal plane. In a photographic
image this would cause blurring. Image dancing effects can
be reduced by increasing the receivers aperture.

Beam spreadirig; Numerous inhomogeneities distributed
across the beam cross section cause many small angle scat-
teririg events to occur. This has the effect of spreading the
beam energy over a wider cross section reducing the signal
intensity at the receiver and, in conséquence, introducing a
decrease in the signal-to-noise ratio. Beam spreading occurs
if the beam width is significantly larger than the eddies;
beam spreading occurs, theréfore, for the downlink of an
earth-space laser sysfem (receiver on the ground and trans-
mitter in space or high altitude aircraft).

Spatial coherence degradation: Inhomogeneities in the
beam’s path also cause lpsses of phase coherence across the
wavefront of the beam. This rapid change of phase with
respect to the radial position within the beam cross section
reduces the beam’s coherence properties.

Scintillation: Within the beam cross-section interference
effects can cause destructive and constructive interaction.
This causes the power to vary widely from point to point
within the cross section, spatially and teniporally. Scintil-
lation or amplitude variation effects can be explained by
regarding the eddies, or index of refraction variations, as a
random distribution of weak lenses distributed within a spa-
tial volume. This volume is to be envisioned as being con-
vected across the beam and thus causing effects that vary
with time.

Additional turbulence effects are in transmission, ani-
soplantism, thermal blooming, and information band width
[Greenwood, 1977], to name a few.

18.7.1 Amplitude Fluctuations (Scintillation)

Derivations of the equations given below will be found
in the references cited. Tatarski [1961] has shown that the
mean square fluctuations of the logarithm of the plane wave
amplitude A are related to a quantity CZ,

A ’ - N 76 - 2 516
<[ln <Ao>] > = 0.56 k J; Ci(ryxdx (18.94)

C: is a measure of the strength of the atmospheric turbulence
[see for example Hufnagel, 1978]. A, in Equation (18.94)
is the mean amplitude, k is the wave number of the radiation
and x is the distance along the path of the beam. L is the
total length of the beam path and r is the position vector.
It is assumed that £, << VAL << 4,, that is, that the
quantity VAL which is known as the size of the first “Fresnel
zone,” falls into the size range of inertial range eddies (€,
and ¢, are the “inner” and “outer” lengths respectively).

It is important to notice that these scintillation effects
depend on where they occur along the optical path. This is
indicated by the term x*° in Equation (18.94) under the
integral sign where x is the distance from the receiver.

For short path lengths where VAL <¢, (that is, the
Fresnel zone is much smaller than the inner scale), Tatarski
[1961] has shown that

(L= ()] =7

L
€,”7’3f CZ(r) x*dx (18.95)

In the simple case where C2 is constant along the path, as
it might be fot the case of surface to surface propagation,
Equation (18.94) becomes

A 2
<[ln <A_)] > =031 C2k7 L' (18.96)

One of the important parameters in the design of optical
receivers is the pérameter r, [Pratt, 1969 and Fried, 1967]
the transverse coherence length. Physically r, is the distance
such that, if a receiver diameter is increased beyond 1,,, there
is significantly less improvement in turbulence degradation.
As the turbulénce degrades the phase coherence of the ra-
diation, r, is reduced. As C2 becomes larger, r, becomes
smaller. The transverse coherence length is [Fried, 1966]

L - 3/5
r, = 2.1 [1.46 sz C2 (%) dxil . (18.97)

The isoplanatic angle, that is, the angle over which the
optical transfer function is constant, represents a radial co-
herence scale [Fried, 1979]
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—3/5
0, = [2.91 k? f C: x>? dx} . (18.98)

The angle 6, can be considered as the outer limit of an
isoplanatic patch of turbulence.

Measurements of C2 can be inferred from path mea-
surements of amplitude fluctuations or transverse coherence
length. These approaches require assumption of a uniform
distribution of CZ along the path. Point measurements of
C2 are possible using an alternative parameter, C3, which
is the mean-square statistical average of the difference in
temperature between two poinfs separated by a distance r,

Ck = <(T) — Ty >r*" (18.99)

whiere the angle brackets dehote an ensemble average. C2
is related to C% through thie partial derivative of the air
density with respect to the temperature,

C2 = (79 X 10~° P/IT?)* C3. (18.100)

P (mb), T(K)

Expressions defining C3 in terms of atmospheric parameters
have been developed by Tatarski [1961] and Hufnagel [1974,
Hufnagel and Stanley, 1964].

Experimental data on C is limited to few locations (mostly
astronomical observatories). Near ground level C? is found
to be dependent upon many local variables. Figure 18-106
represents the variation of C, at a height of 2 m above the
ground on top of a flat mesa in Boulder, Colorado [Lawrence
etal., 1970]. Daytime C? values near ground level can range
from 107 m~2* to 107" m~?* Order-of-magnitude
changes can occur in minutes.

Models of C5 in the atmospheric boundary layer have
been developed for stablé and unstable conditions. Wyn-
gaard et al. [1971] predicts a power law dependence of
C% with height as

Height dependence Conditions
Z~ local free convection
CrasgzZ neutral stability
constant  strongly stable

Actual measurements show some departure from these
ideal conditions, Measurements in the New Mexico desert
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Figure 18-106. Typical diurnal variation of the strength of refractive-index
turbulence near the ground. The daytime peak resuits from
heating of the ground; the dips at 15 hours are caused by
clouds passing in front of the sun.
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and mountains indicate minimum C} values occur shortly
after sunrise and before sunset when there is no temperature
difference between the ground and atmosphere. For noon
conditions, dominated by a convective boundary layer [Wal-
ters and Kunkel, 1981

Ci=(17+ 12

Z
X 10713 () (e =03 g7 < 1000 m (18.101)
‘ZO
(where Z, = Im). At midnight,
C=@32=+1.1
X 10716 e—»(().()()l + ().()OOOS)Z' (18102)

The C; data generally have a log normal probability
distribution as illustrated by the scintillometer observations
at 9.4 km shown in Figure 18-106.

Altitude profiles of C2 obtained by performing log av-
erages are shown in Figure 18-107. The Loos and Hogge
[1979] data are from White Sands Missile Range, New
Mexico;, Miller and Zieski [1978] data are obtained at Mt.
Haleakala, Maui, Hawaii, and the Barletti et al. [1977] data

"are obtained from three locations in Italy. The Brown and

Good [1984a] data are from Mt. Haleakala, Hawaii, the
Brown and Good [1984b] data are from Westford, Mass.
The upper altitude profiles (Z > 5 km) appears to be more
constant in time except for possible tropopause effects as-
sociated with jet streams diurnal effects. Several models
have been presented to describe the C? altitude profile. Huf-
nagle [1966] introduced the model

Ci(z) = 2.7 x 107'°

V4 10
|:e~-7./1500 + 3w2 (lo 000) C"”UOO]

30,

(18.103)

LOQS 8 HOGGE,NM-NT
BARLETTETAL

25
BROWN & GOOD HI- NT
BROWN 8 GOOD MA -NT

20 BRON‘ N & GOOD MA-DT

ALTITUDE (km)

ix16" ix10° 6’ g’ 1% 10
c2 (a3

n

Figure 18-107. Altitude profiles of C2.
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20 km 2 172
where W = [1/15 ﬁ ) \% (Z)dZ] is a root mean
square of the horizontal wind, V(Z) over the altitude range
of the model. Hufnagel [1974] also has a model with a delta
function additive term, 2 X 10~ ' (h — (2 km), to rep-

resent the tropopause contribution. VanZandt et al. [1931]
had developed a model based on statistical behavior of the
atmospheric stability and wind shears. This model uses ob-
served rawinsonde measurements of temperature and winds
at 300 m altitude resolution to infer optical turbulence at
higher altitude resolution.
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